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ABSTRACT OF THE DISSERTATION

Mesoscale Coupled Ocean-Atmosphere Interaction

by

Hyodae Seo
Doctor of Philosophy in Oceanography
University of California, San Diego, 2007
Arthur Miller, Co-Chair
John Roads, Co-Chair

This dissertation studies mesoscale ocean-atmosphere interaction using the newly
developed Scripps Coupled Ocean-Atmosphere Regional (SCOAR) model. The overall
goal of this study is to understand the physical processes that lie behind mesoscale ocean-
atmosphere interactions and their connection with the basin-scale climate variability.

SCOAR allows air-sea feedbacks arising from the oceanic mesoscale features.
The model is tested in three scenarios in the eastern Pacific Ocean sector: tropical
instability waves (TIWs) of the eastern tropical Pacific; mesoscale eddies and fronts of
the California Current System; and gap winds of the Central American Coast. The model
reproduces aspects of the observed linear response of the atmosphere to the evolving sea
surface temperatures (SST). This results in significant anomalies of wind stress
curl/divergence, surface heat flux and precipitation that resemble the observations and

substantiate the importance of ocean-atmosphere feedbacks involving the oceanic
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mesoscale.

Extending SCOAR to the tropical Atlantic TIWs shows that air-sea coupling
damps the eddy kinetic energy of the waves. TIW-induced wind stress is negatively
correlated with the TIW-induced ocean surface current, and this slows down the TIW-
currents.

These mesoscale oceanic and atmospheric features alter the large-scale climate
variability in the tropical Atlantic. Resolving mesoscale eddies in the ocean leads a cooler
equatorial cold tongue and coastal upwelling region. This results in more realistic coastal
SST and precipitation. Furthermore, it is shown that synoptic-scale atmospheric African
easterly waves capture stronger low-level convergence and convection, only in the higher
atmospheric resolution. This triggers heavy precipitation events on the synoptic-scale,
which explains a considerable fraction of the total variability. As a result, the simulation
of mean rainfall in the Inter-Tropical Convergence Zone (ITCZ) and its seasonality is
much improved. This suggests that capturing these transient oceanic mesoscale features
and the synoptic-scale atmospheric disturbances is a key ingredient for improving the

simulation of the tropical Atlantic SST and ITCZ.

xiil



Chapter 1

Introduction

Global coupled general circulation models (CGCMs) allow combined interactions
of the large-scale circulation of the ocean and the atmosphere and provide us with
important understanding about the inherent coupled processes of the large-scale climate
system. CGCMs are used for making predictions of future climate variability on seasonal,
decadal and centennial timescales. With rapid advances in computing power, CGCMs are
becoming increasingly sophisticated and complicated, while steadily increasing in spatial
resolution. They now closely approach the scale of previously unresolved and poorly
understood phenomena that give rise to key components of climate variability.

However, these coupled climate models do not fully emulate the observations in
many regions in the world ocean. The situation is particularly unsettling in the tropical
oceans, where the model simulations substantially deviate from the mean and seasonal
cycle of the observed climate, exhibiting large climatic biases associated with possibly
spurious and poorly represented coupled feedbacks (Davey et al. 2002; Webster et al.
1998; Mechoso et al. 1995).

A possible reason for unsatisfactory results of coupled models in the tropics may

be because the mesoscale! oceanic and atmospheric fields are not realistically

I The term mesoscale is used throughout the dissertation to loosely refer to the small-
scale features both in the atmosphere and the ocean, whose horizontal scales ranges from
few kilometers up to several hundred kilometers, and which are not fully captured in the



2
represented in models, largely due to the coarseness of the horizontal resolution. Current
routine spatial resolution of the CGCMs is on the order of 2° or coarser. For this reason,
coupled mesoscale processes remain unresolved and have been previously heavily
parameterized. Therefore these processes cannot be fully understood in a coarse
resolution global coupled modeling framework.

Recently, high-quality microwave satellite observations have begun to provide
ample evidence of ocean-atmosphere interactions occurring in the presence of ocean
mesoscale eddies, small-scale coastal mountains, and islands throughout the global
ocean. Observational studies (as reviewed in Xie 2004 and Chelton 2004) have reported
that on this small scale it is the ocean that forces the atmosphere, generating substantial
perturbations in the interacting atmospheric boundary layer. A growing number of studies
have begun to add to the long list of examples of this relatively novel aspect of ocean-
atmosphere coupled feedbacks over the ocean wherever sharp fronts of SST, small-scale
orography and island geometry can influence ocean winds, heat fluxes and rainfall.

Observational studies have suggested that atmospheric perturbations produced by
mesoscale ocean-to-atmosphere forcing are large and can supply additional feedbacks on
the dynamical properties and the heat balance of the upper ocean (Chelton et al. 2001).
Similarly, recent coupled modeling studies suggest that mesoscale oceanic variability,
such as that due to the tropical instability waves (TIWs) in the Pacific and the Atlantic
Ocean and the oceanic eddy features in the tropical Indian Ocean, contribute significantly
to the observed variability of the tropical ocean and thus the predictability of the tropical

climate (Jochum and Murtugudde 2005, 2006). These mesoscale oceanic features are

current coarse resolution coupled climate models.
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transient and intrinsic to the ocean. However, through mesoscale ocean-atmosphere
feedbacks and nonlinear wave processes, they can substantially modulate the atmospheric
heat, moisture and momentum fluxes, as well as vertical entrainment, and thus make a net
contribution to large-scale variability.

In general, regions with large climate biases in CGCMs are also regions of rich
ocean mesoscale activity and vigorous ocean-atmosphere interaction. This perhaps
suggests that the common climate biases that we witness in coupled climate models are
largely related to the models’ inability to represent properly the effects of the oceanic
mesoscale eddies and their feedback with the atmosphere (Mechoso et al. 1995).

The improvement of the quality of global atmospheric and oceanic analysis
products? and the development of statistical and dynamical downscaling methods
motivated my study of these climatically important mesoscale coupled features of the
ocean-atmosphere system using a high-resolution regional coupled model. By focusing
computational resources on spatial resolution in the regional domain of interest and
employing additional parameterizations, the regional coupled model can produce
additional insight into the air-sea interactions involving mesoscale features of the ocean
and the atmosphere.

This is one of the first modeling studies of coupled mesoscale oceanic and
atmospheric features using a fully coupled high-resolution regional model. A detailed
description of the regional coupled model, developed as a major part of the dissertation,
is provided in Chapter 2. Chapter 2 also presents the results of model simulations from

three scenarios in the eastern Pacific sector from the tropics to the mid-latitudes: TIWs in

2 Best-guess dynamical estimates of the state of the system
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the equatorial ocean, oceanic eddies and upwelling fronts in the California Current
System region, and gap winds in the Central America. The first two examples reveal that
the model reproduces aspects of the observed linear response of the atmospheric
boundary layer to the underlying SST changes by the oceanic mesoscale features
(Chelton et al. 2001; Chelton et al. 2007). The gap wind study suggests the importance of
the interaction between the small-scale orography and the mesoscale atmospheric wind
variability (Chelton et al. 2004), which forces the observed oceanic thermocline response
in the eastern Pacific warm pool and the region of permanent precipitation deficit within
the Inter-Tropical Convergence Zone (ITCZ). This is a good example of a mesoscale
coupled feedback that can alter the large-scale climate (Xie et al. 2005).

A detailed understanding of the coupled feedbacks due to TIWs and their impact
on the upper ocean is particularly important because of its potential influence on large-
scale climate (e.g., Weisberg and Weingartner 1988). The study of TIWs that commences
in Chapter 2 is extended in Chapter 3, where it is shown that air-sea coupling involving
TIWs damps the eddy kinetic energy of the waves in the tropical Atlantic (TA) Ocean.
The TIW-induced perturbation wind stress is negatively correlated with the TIW-induced
perturbation ocean surface current, and this slows down the TIW-currents. Furthermore,
the TIWs substantially alter wind stress estimates from satellite scatterometers at TIW-
frequencies, which strongly suggests the importance of ocean-atmosphere coupling in the
presence of the TIWs in the ocean.

In the final two chapters, we investigate how these coupled mesoscale feedbacks
can alter the large-scale structure of climate variability of the TA. Chapter 4 focuses on
the rectifying effect from the mesoscale features in the ocean to the basin-wide mean

climate, using high and low oceanic horizontal resolutions in the coupled model.
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Compared to the non-eddy resolving low-resolution case, resolving oceanic mesoscale
variability, such as that due to the TIWs near the equator, and the details of the coastal
upwelling on the west coast of Africa, leads to a lower SST in those regions. This
suggests that the coastal warm bias commonly exhibited in coarse-resolution coupled
climate models could be considerably alleviated when resolving oceanic mesoscale
variability. The altered meridional SST gradient, in turn, provides a more realistic ITCZ
precipitation pattern. This result suggests that the ocean resolution of the coupled climate
model should be high enough to resolve the transient oceanic mesoscale features that can
significantly modulate the large-scale mean climate of the TA.

In Chapter 5, we focus on synoptic-scale weather disturbances associated with the
African easterly waves and their role in maintaining large-scale mean TA ITCZ. A strong
low-level convergence in the high shear of the easterly waves can cause local deep
convection in the higher atmospheric resolution coupled model. This triggers heavy
precipitation events associated with the tropical storms and cyclones, which accounts for
a considerable fraction (60-80%) of the total rainfall variability. The climatic importance
of better-resolved convergence and convection processes in the easterly waves is that
they can lead to a more realistic model precipitation climatology and seasonal cycle in the
Atlantic Ocean. This study suggests that capturing these transient waves and the resultant
low-level convergence is important for improving the simulation of precipitation in
global coupled climate models.

An enhanced understanding of the coupled climate variability discussed in this
study suggests a potential for the improved predictability of the regional climate of the
TA, where disastrous socioeconomic hardships are often caused in the adjacent land

regions due to unpredictable components of climate anomalies. The nations of the
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maritime regions in Northeast Brazil and West Africa are heavily populated, primarily
depend on agriculture, and are extremely vulnerable to climate anomalies. Hence, the
anomalous latitudinal position of the ITCZ can cause prolonged floods or severe droughts
with, at times, devastating economic consequences in such regions (Hastenrath and
Heller 1977). Dominance of the seasonal cycle in the TA climate (Xie and Carton 2004)
suggests that understanding the mean and seasonal variability of the ITCZ and SST is
necessary for reliable prediction of interannual rainfall variability. The current study
answers a part of the question: mesoscale ocean-atmosphere coupled variability is
important for the simulation of mean and seasonal cycle of SST and the ITCZ.

Moreover, TA cyclone activity and the associated extreme precipitation events,
which severely affect the eastern U.S. and the Caribbean Sea region, are significantly
correlated with the variability of the synoptic-scale easterly waves (Avila and Pasch
1992; Thorncroft and Hodges 2001) and tropical Atlantic SST (Schade and Emanuel
1999; Emanuel 2005). The current study indicates that climate extremes can be
substantially modulated by mesoscale ocean-atmosphere coupled variability. The
importance of large-scale climatic rectification effects from the mesoscale features
suggests that the current global coupled climate prediction models must take into account
mesoscale coupled ocean-atmosphere interaction as a major mode of variability, and this

will improve the seasonal and interannual regional climate predictability.



Chapter 2

The Scripps Coupled Ocean-Atmosphere Regional (SCOAR)

Model, with Applications in the Eastern Pacific Sector

Abstract

A regional coupled ocean-atmosphere model is introduced. It is designed to admit
the air-sea feedbacks arising in the presence of an oceanic mesoscale eddy field. It
consists of the Regional Ocean Modeling System (ROMS) and the Regional Spectral
Model (RSM). Large-scale forcing is provided by NCEP/DOE reanalysis fields, which
have physics consistent with the RSM. Coupling allows the sea surface temperature
(SST) to influence the stability of the atmospheric boundary layer and, hence, the surface
wind stress and heat flux fields. The system is denominated the Scripps Coupled Ocean-
Atmosphere Regional (SCOAR) model.

The model is tested in three scenarios in the eastern Pacific Ocean sector: tropical
instability waves of the eastern tropical Pacific, mesoscale eddies and fronts of the
California Current System; and gap winds of the Central American Coast. Recent
observational evidence suggests air-sea interactions involving the oceanic mesoscale in
these three regions. Evolving SST fronts are shown to drive an unambiguous response of
the atmospheric boundary layer in the coupled model. This results in significant model
anomalies of wind stress curl, wind stress divergence, surface heat flux and precipitation

that resemble the observations and substantiate the importance of ocean-atmosphere



feedbacks involving the oceanic mesoscale.

2.1 Introduction

Increased interest in ocean-atmosphere interaction on spatial scales associated
with the oceanic mesoscale has arisen because of new enhanced views of the global
ocean and atmosphere from satellite remote sensing. Two extensive reviews by Chelton
et al. (2004) and Xie (2004) describe numerous efforts to understand these observations
of mesoscale air-sea coupling processes throughout the world ocean.

The close associations among ocean states (sea surface temperature [SST],
currents, and thermocline depth), atmospheric states (surface winds, cloudiness, and
rainfall), surface flux components (wind stress, heat flux and fresh-water flux), and
geography (orography, coastlines, bathymetry, and islands) on various space and time
scales are common features worldwide. Radar scatterometry and microwave imagers now
provide daily estimates of wind, SST, and rainfall over 90% of the global ocean with
remarkable accuracy (Chelton and Wentz 2005; Wentz and Meissner 2000; Chelton and
Freilich 2005). This has stimulated air-sea interaction studies and unveiled various
aspects of climatically important air-sea interaction processes. Current large-scale global
analyses of the atmosphere and ocean, however, have inadequate resolution to resolve the
sharp transitions of SST fronts or realistic coastal mountain ranges. Understanding the
mechanisms of air-sea coupling therefore has been limited, especially in such regions.

This new information from satellites has now started to serve as a validation
benchmark for the high-resolution global coupled model studies. Sakamoto et al. (2004),
for example, used the high-resolution atmosphere-ocean coupled general circulation

model run on Japan’s Earth Simulator to successfully reproduce the far-reaching
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influences of the Hawaiian Islands. This verified the hypothesis by Xie et al. (2001),
based on the observations, that disturbances of SST, wind, and cloudiness in the wake of
the Hawaiian Islands are caused by island-induced wind stress curl.

Although global coupled models are beginning to increase their resolution to
attempt to resolve smaller scale processes, high-resolution regional coupled ocean-
atmosphere models, if properly driven by the large-scale circulation, could provide
additional advantages in the study of the detailed patterns of air-sea interactions involving
oceanic mesoscale eddies, including meanders. By concentrating most of the
computational resources in spatial resolution and detailed parameterizations, small-scale
processes may be effectively and optimally isolated and studied.

A high-resolution regional coupled ocean-atmosphere model has been developed
with this approach in mind. The system is denominated the Scripps Coupled Ocean-
Atmosphere Regional (SCOAR) model. The goal in this paper is to introduce the model
and demonstrate its basic performance capabilities in the eastern Pacific Ocean. The
spatial and temporal patterns of air-sea interaction in the model are found to be similar to
those observed in three unique regions of the eastern Pacific sector.

Additional efforts are now in progress to test various hypotheses of regional air-
sea interactions proposed by numerous investigators. For example, the model is capable
of producing more realistic mean features of the tropical Atlantic climate by resolving
ocean mesoscale features, such as tropical instability waves (TIWs) and coastal upwelling
(Seo et al. 2006). Other key questions to be addressed in this modeling framework
include: How do the turbulent fluxes contribute to the evolving SST? How do SST-
induced wind stress perturbations affect dynamical stability properties of the ocean?

Future work will involve more rigorous and quantitative analysis to carefully compare
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with the observations and also render the regional coupled modeling system capable for
hindcasting, nowcasting, and forecasting experiments.

In section 2.2, some previous regional coupled modeling studies are summarized.
In section 2.3, each component of the SCOAR model is introduced. In section 2.4, three
examples of the coupled model simulations are discussed, followed by a summary and

discussion in section 2.5.

2.2 Regional coupled modeling background

There have been a growing number of attempts in the past decade to develop
regional coupled ocean-atmosphere models with various goals in several parts of the
globe. These previous studies are summarized here.

Early progress in building a regional coupled model was a major element within
the Baltic Sea Experiment. In that effort, Gustaffason et al. (1998) coupled a high-
resolution atmospheric model to a low-resolution ice-ocean model for the purpose of
accurate weather forecasting in the Baltic Sea. Hadegorn et al. (2000) coupled the Max
Plank Institute (MPI) REgional atmospheric MOdel (REMO) to the 3D Kiel ocean model
in the same Baltic area. The model SST improved even without flux correction, although
the improvement was limited to summertime because the sea-ice modeling component
was incomplete. Schrum et al. (2003) achieved full flux coupling using the same
atmospheric model coupled to the 3D Hamburg Ocean Model. They showed that their
interactively coupled ocean-atmosphere runs were stable and distinctively better than
atmospheric runs with prescribed SST. Ddscher et al. (2002) developed a regional
coupled ocean-atmosphere-ice model, RCAO, with the aim of simulating regional

coupled climate scenarios over northern Europe based on multi-year hindcasts.
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More advanced high-resolution coupled model studies using the REMO coupled
to a global MPI ocean model are being used to study the effect of air-sea coupling on
Indonesian rainfall (Aldrian et al. 2005) and interannual variability of sea-ice extent in
the Arctic Ocean and Nordic Seas (Mikolajewicz et al. 2005).

Another motivation for developing regional coupled modeling system is to study
the effect of the surface state of the ocean or lakes (e.g., surface waves, surface
roughness) on atmospheric circulation. One example of such a study is Powers and
Stoelinga (2000). They developed a comprehensive atmosphere-ocean-wave coupled
modeling system and performed sensitivity tests on the surface roughness
parameterization of the atmospheric model (MMS5) for the case of frontal passage over
the Lake Erie region. They showed that a marine roughness parameterization that takes
into account the wave age from the wave model can significantly improve the calculation
of surface wind stress and heat flux.

A high-resolution regional air-sea coupled model including ocean waves is also
useful in studying the effect of sea spray, wind-induced mixing, and surface wave fields
on simulating the intensity and evolution of hurricanes for both research and operational
purposes (Bao et al. 2000; Li and Xue 2002; Bender and Ginis 2000; Perrie et al. 2004;
Chen et al. 2006; among many others). A regional coupled model also has been shown to
be useful in simulating the east-Asia summer monsoon (Ren and Qian 2005) despite the
presence of a cold drift in SST in their model.

A coupled model is also valuable for studying extreme weather events in the
Adriatic Sea region. Loglisci et al. (2004) applied their coupled model to studying effect
of Bora wind event on the dynamics and thermodynamics in the Adriatic Sea. They found

that accurate heat flux from the sea surface needs to be considered for better
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representation of air-sea interactions associated with this high wind event and for
improved simulations of SSTs in the response. However, their climatological
initialization for the ocean model generated systematic errors in SST. More recently,
Pullen et al. (2006) established a regional coupled system comprising the Navy Coastal
Ocean Model (NCOM) coupled to Coupled Ocean/Atmosphere Mesoscale Prediction
System (COAMPS) in the same region. They focused on the coupled effects of fine-
resolution SST on air properties, in particular during the course of a Bora wind event.
They found that the simulated SST after a Bora event had a stabilizing effect on the
atmosphere, thus reducing atmospheric boundary layer mixing and yielding more skillful
near-surface winds.

Now regional coupled models are beginning to be used for studying basin-scale
climate simulations. Huang et al. (2004) applied a regional coupling strategy in a global
coupled ocean-atmosphere GCM, where active air-sea coupling is allowed only in the
Atlantic Ocean basin. The study showed that this regional coupling strategy allowed them
to isolate the effects of local feedbacks on the resulting mean SST. Xie et al. (2006)
constructed the regional ocean-atmosphere coupled system (iIROAM) which couples a
regional atmospheric model (iIRAM) to a basin-scale ocean model in the Pacific, with
interactive coupling permitted only in the eastern half of the basin. A major advantage of
iROAM is that by affording reasonably high resolution to the model (0.5° in the
atmosphere and ocean) compared to most coupled GCMs, it can effectively explore the
role of local air-sea feedbacks arising from ocean mesoscale features and land topography
while allowing significant internal coupled variability free from the prescribed lateral
boundary conditions. It is specifically designed to study processes and reduce biases in

the eastern tropical Pacific climate, where many coupled GCMs exhibit common
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problems.

As we shall see in the next section, the uniqueness of the SCOAR model
compared to many of these coupled models is that it has greater portability, more
complete coupling, parallel architecture, state-of-the-art physics, and dynamical
consistency with the NCEP reanalysis forcing. The three eastern Pacific examples
discussed in section 2.4, together with the Atlantic domain used by Seo et al. (2006),
demonstrate that the model can be set up anywhere in the world ocean at any chosen
resolution. This portability, together with SCOAR’s flexible coupling processes, ability
to run on massively parallel computers, sophisticated physical parameterizations, and
realistic large-scale forcing yields a great potential for SCOAR to be applied throughout
the world ocean for numerous scientific goals.

The main target of the SCOAR model is to study the fundamental nature of
ocean-atmosphere feedbacks on the ocean mesoscale in hindcasts. Hence, the current
modeling system does not include any operational forecasting framework or data
assimilation components to produce skillful predictions. Nevertheless, the use of the
SCOAR model for operational and/or forecasting purposes (Wilkin et al. 2005), including

data assimilation (Moore et al. 2004), is part of our long-term plans.

2.3 The SCOAR Model

2.3.1 RSM atmospheric model

The atmospheric component of the coupled model is the Experimental Climate
Predictions Center (ECPC) Regional Spectral Model (RSM). The RSM was originally
developed by Juang and Kanamitsu (1994) and underwent frequent improvements and

updates to the functionality, efficiency and its dynamics and physics (Juang et al. 1997).
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Briefly, the RSM used here is a regional extension to the Global Spectral Model (GSM)
used in the National Centers for Environmental Prediction (NCEP)/Department of Energy
(DOE) Reanalysis (Kanamitsu et al. 2002a).

The RSM is a primitive equation hydrostatic model on terrain-following sigma
coordinates, and the large-scale (low-wavenumber) components of the flow are specified
in the model by the NCEP/DOE Reanalysis (RA2) downscaling procedure or by any
GSM simulation. Numerous sensitivity studies (e.g., Roads et al. 2003) demonstrate the
excellent performance of the RSM, which has a significantly greater freedom to respond
to internal dynamics compared with other regional models. The RSM boundary layer
physics employs a nonlocal diffusion concept (Hong and Pan 1996). This scheme is
strongly coupled to the surface layer physics. In the scheme, the turbulent diffusivity
coefficients are calculated from a prescribed profile shape as a function of boundary layer
height and scale parameters derived from similarity requirements. Above the mixed layer,
a local diffusion approach is applied to account for free atmospheric diffusion. The
parameterization for deep convection is based on Relaxed Arakawa-Schubert Scheme
(Arakawa and Schubert 1974; Moorthi and Suarez 1992). Further details about the model

physics can be found in Kanamitsu et al. (2002b).

2.3.2 ROMS ocean model

The oceanic part of the coupled model is the Regional Ocean Modeling System
(ROMS). The ROMS solves the incompressible and hydrostatic primitive equations with
a free surface on horizontal curvilinear coordinates, and utilizes stretched generalized

sigma coordinates in order to enhance vertical resolution near the sea surface and

bathymetry (Haidvogel et al. 2000; Shchepetkin and McWilliams 2005). A radiation
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method is used along the open boundaries in order to allow for stable, long-term
integrations, together with a flow-adaptive nudging term for relaxation toward the
prescribed lateral boundary conditions. That is, the nudging is stronger (timescale of 1
day) if the flow is inward and weaker (timescale of 1 year) for outflow (Marchesiello et
al. 2001). Implicit diffusivity associated with 3rd-order upstream horizontal advection is
used in the lateral plane as opposed to explicit diffusivity. Mixed layer dynamics are
parameterized using a KPP scheme (Large et al. 1994), with vertical mixing coefficient
of 10° m? s (Shchepetkin and McWilliams 2005). In all three examples in section 2.4,
20 vertical sigma layers are used, with approximately ten layers in the upper 100 m in the
open ocean.

The lateral boundary conditions (BC) that force ROMS are provided either from
the ocean analysis from the Estimating the Circulations and the Climate of the Ocean
project, or from climatological mean temperature and salinity (Levitus 1994a,b). The
latter is more appropriate for studying an equilibrium structure of ocean currents (e.g.,
Marchesiello et al. 2003; Di Lorenzo 2003; and Di Lorenzo et al. 2005), while the former

is preferred for retrospective simulations.

2.3.3 Flux-SST Coupler

In order to build a coupled modeling system, a flux-SST coupler that bridges the
atmospheric model (RSM) and ocean model (ROMS) needed to be constructed (Figure
2.1). The coupler currently works in a sequential fashion; the RSM and ROMS take turns
integrating while exchanging forcing. The interacting boundary layer between RSM and
ROMS is based on either RSM’s boundary layer physics package, or the bulk formula

that is implemented in ROMS. The former calculates forcing fields necessary to drive
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ROMS based on the non-local boundary layer scheme described in Section 2.3.1. The
latter computes surface fluxes of momentum, sensible heat, and latent heat from near-
surface meteorological variables based on Fairall et al. (1996), adapted from the COARE
(Coupled Ocean-Atmosphere Response Experiment) algorithm. For all model
applications in section 2.4, a bulk parameterization is used at the air-sea interface. ROMS
then forces the RSM at the lower boundary by providing SST. Various coupling intervals
can be specified in the coupler (3, 24, or 120 hours, and so on), depending on the
interaction timescales of interest. In each experiment discussed below, 24 hr coupling is
used.

Both atmospheric and ocean models conventionally assume that atmospheric
wind stress imposed on the sea surface is a function of atmospheric wind only. This is
often justified due to the fact that ocean current speed is typically small compared to the
wind speed by order of magnitude. The corresponding conventional parameterization for

wind stress in that case ist = pC,

Ua

U,, where p is air density and Cq is drag constant,

and U, is wind at 10 m heights. However, the importance of surface current in the
estimation of surface wind stress (Bye 1986) has been noted in several observational
studies (e.g., Kelly et al. 2001; Cornillon and Park 2001; Park et al. 2006) using the
QuikSCAT scatterometer, which measures wind velocity relative to the ocean surface
velocity. Furthermore, Chelton et al. (2004) showed that narrow and intense ocean
currents such as Gulf Stream and Kuroshio exert a strong influence on wind stress curl
fields (cf. Behringer et al. (1979) who showed that SST in these regions strongly
influences wind stress curl).

Wind stress in SCOAR s therefore calculated by taking into account the relative

motion of wind and ocean current using 7 = pC,

Ua - Uo

(U,-U,), where U, denotes
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ocean current speed. The importance of this parameterization is supported by the recent
study of Luo et al. (2005), who showed that allowing momentum exchange between the
surface ocean currents and wind in their coupled GCM could effectively reduce the
familiar cold SST bias in the equatorial ocean. Dawe and Thompson (2006) reported a
similar result. Duhaut and Straub (2006) further demonstrated with a scaling argument
and a simple modeling study that the perturbation to the wind stress due to ocean currents
could lead to substantial changes in the curl of wind stress. This is because the spatial
scale associated with ocean currents is much smaller than that of wind speed. It should
also be noted that we assume the effect of surface gravity waves on the sea state is
negligible.

Since the grids of the atmosphere and ocean models are generally different, a
simple linear interpolation is used to map the SST and ocean currents to the atmospheric
physical-space grid and the resultant fluxes to the ocean grid. Care must taken in
choosing the land-sea mask near the coasts because the atmospheric model is spectral and
Gibbs phenomena can result in unphysical structures in the surface flux forcing fields
over the oceanic grid points adjacent to the coast. In each example domain to be
discussed next, the land-sea mask was qualitatively optimized to reduce this effect of the

mismatch between spectral atmospheric and physical space oceanic models.

2.4 Examples of SCOAR model simulations

Three different model domains are examined to test of the SCOAR model
performance and capabilities. These include the Eastern Tropical Pacific (ETP), the
California Current System (CCS), and the Central American Coast (CAC). The ETP

contains TIWs, the CCS provides examples of midlatitude mesoscale eddy feedbacks,
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and the CAC allows gap winds to drive ocean mesoscale structures. Table 2.1
summarizes the resolution used in these domains, and Figure 2.2 shows the model
bathymetry and orography for each case. In each case, the ocean model was first spun-up
using climatological atmospheric forcing for approximately eight years, followed by one
to two years of coupled model spin-up with realistic forcing that precede the experiments

described next.

2.4.1 TIWs in the ETP
2.4.1.1 Background

In the eastern tropical Pacific, SST fronts associated with the permanent cold
tongue are perturbed by TIWs (Figure 2.3c). They are most clearly observed from
satellite measurements as wavelike oscillations of SST (Legeckis 1977; Legeckis et al.
1983; Wentz et al. 2000). These SST undulations in the Pacific are observed to have
horizontal wavelengths of 1000-2000 km and periods of 20-30 days, propagating
westward at ~0.5 m s”' (Qiao and Weisberg 1998). Observations and numerical studies
have shown that TIWs are generated by instability of the various components of the
equatorial current/countercurrent system (e.g., Philander 1976, 1978; Cox 1980; Hansen
and Paul 1984; Yu et al. 1995). They are an important element in heat budget in the
equatorial cold tongue through eddy heat transport and atmospheric heat flux (Hansen
and Paul 1984; Baturin and Niller 1997; Jochum and Murtugudde 2006).

Recent studies using high-resolution satellite data highlight the vigorous air-sea
coupling processes associated with the undulating SSTs generated by TIWs. Deser et al.
(1993) noted the excellent correlation between SST and stratocumulus cloudiness,

suggestive of SST modulation of the atmospheric boundary layer (ABL) moisture
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content. Hashizume et al. (2002) showed that SST-induced wind changes in the ABL are
due to stability changes, as hypothesized earlier by Sweet et al. (1981), Wallace et al.
(1989), and Hayes et al. (1989). Chelton et al. (2001) argued that TIWs further affect the
wind stress curl and divergence depending on the alignment of the direction of wind
stress and SST gradient. The goal of the next section is to describe how the SCOAR
model captures TIW behavior and reproduces the observed response of the atmosphere to

the undulating SST.

2.4.1.2 Results

As an initial test of the coupled model, a simulation was executed in the ETP
domain for five years from 1999 to 2003 with RA2 forcing. Figure 2.3 illustrates the
large-scale characteristics of the wind stress and its relationship to the SST fields during a
typical TIW season simulated from the model and the observations. The simulated SST
and wind stress are strikingly comparable with the observations, exhibiting a pronounced
equatorial cold tongue and SST fronts, cusp-shaped SST fluctuations due to TIWs, and
associated anticyclonic oceanic eddies. The wind stress magnitudes increase by a factor
of 2 or 3 over the regions east of the cold cusps. Discrepancies in the details between
modeled and observed TIWs are due to them being a result of an internal instability of the
ocean rather than being deterministically forced.

The undulating SST patterns are associated with perturbations of the wind stress
field (Figures 2.3b and 2.4a). The wind stress perturbations occur in phase with SST, with
stronger (weaker) wind stress over warm (cold) SST. The effect of SST on the wind
stress derivatives, however, depends on the alignment of the direction of wind stress and

SST-gradient vector (Chelton et al. 2001). Figure 2.4a,b shows that when the winds blow
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parallel to the SST gradient vectors (i.e., perpendicular to the isotherms), the positive
maximum divergence occurs where the SST gradients are steepest. On the other hand,
Figure 2.4a,c shows pronounced positive wind stress curl closely following the SST
waves where winds blow parallel to the isotherms. Kessler et al. (2003) found that
inclusion of the these narrow strips of positive wind stress curl in the forcing of the
Sverdrup flow substantially improved its match to the observed zonal current system.
This suggests the importance of local air-sea interactions on the regional ocean
circulation. It is encouraging that the SCOAR model produces perturbation wind stress
curl patterns quantitatively comparable to those of QuikSCAT via local air-sea
interactions (compare Figure 2.4c with Figure 4e in Chelton et al. 2001).

The coupling of wind and SST displays a coherent spatial and temporal
variability. Figures 2.5 and 2.6 show time-longitude diagrams of SST and wind stress
north (1°N) and south (4°S) of the cold tongue during the cold season (June-December)
of 1999. SST propagates westward in time both north and south of the cold tongue. The
phase speed of SST north of the cold tongue is approximately 0.6 m s, with maximum
SST anomaly exceeding 2°C. It should also be noted that the model visibly reproduces
the Southern Hemisphere signature of the TIWs, which is an underappreciated
characteristic of TIWs (Chelton et al. 2000c; Hashizume et al. 2001) perhaps due to
limited data coverage of the observations in the tropics. Consistent with Chelton et al.
(2000c, 2001), the TIWs in the south are less well defined and exhibit faster propagation
compared to the north. Figures 2.5a and 2.6a show nearly in-phase propagation between
SST and wind stress magnitude, again indicating the tight coupling between SST and the
resultant surface wind stress.

The TIW-induced SST anomalies clearly perturb the divergence and curl of the
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wind stress fields in the atmosphere. Figures 2.5¢ and 2.6¢ (2.5d and 2.6d) show the
relation between the perturbation wind stress divergence (curl) and downwind
(crosswind) SST gradient, similar to the figures from Chelton et al. (2001). Downwind

and crosswind SST gradient are computed respectively from VT°%=|VT|COSQ and

VT xtek= |VT|sin6, where T is SST, T 1is a unit vector in the direction of the wind

stress, and 6 is the counterclockwise angle from the vector VT to 7. Model-
simulated relations between the perturbation wind stress divergence (curl) and downwind
(crosswind) SST gradient appear to be generally consistent with the observations, with
positive divergence (curl) co-propagating with positive downwind (crosswind) SST
gradient in Figures 2.5c and 2.6¢ (Figures 2.5d and 2.6d).

The simple positive correlations between SST gradient and the perturbed wind
stress derivatives are illustrated more precisely with binned scatter plots in Figure 2.7.
Coupling coefficients estimated from the linear fit between the perturbed wind stress
divergence (curl) and downwind (crosswind) SST gradient in the model are 1.5 (0.9),
comparable to the values computed from observations by Chelton (2005) over a similar
region.

Consistent with the previous observations, the wind stress curl response to the
SST gradient is smaller than that of the divergence. Chelton et al. (2001) suggest that the
weaker response in wind stress curl can be explained by ocean surface currents that are in
the direction of wind stress near the region of maximum crosswind SST gradient. Surface
currents in this region reach nearly 1 m s™ (Figure 2.3a) and are in the same direction as
near-surface winds (~4 ms™', not shown).

We performed a simple sensitivity test to examine the contribution of ocean
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surface currents to the wind stress fields. Identical atmospheric forcing during the cold
season (July to December) of the year of 1999 from SCOAR was prescribed in two
forced ROMS runs, with the ocean current effect on stress included in one, but not in the
other. This sensitivity test revealed that the strength of coupling of wind stress curl to
crosswind SST gradient is reduced by roughly 25% when the ocean current effect is
allowed, while coupling of divergence to downwind SST gradient remains nearly
constant (not shown). This reduction accounts for a large part of the 40% weaker
response in curl than in divergence seen in Figure 2.7. The remaining difference may be
attributable to the different adjustment time-scales for atmospheric flow along or across
an SST front, as discussed in Chelton et al. (2001).

Latent and sensible heat fluxes associated with the TIWs are affected both by SST
directly, by altering the stability of the ABL, and indirectly, by the influence of SST on
the wind speed variations (Thum et al. 2002). Since wind stress and SST are in phase, the
latent heat flux and SST are out of phase (Figure 2.5b, Figure 2.6b, and Figure 2.8a).
Increased winds over the warm water on the eastern sides of the cold cusps enhance the
evaporative cooling at the sea surface, and thus decrease SST. Sensible heat flux is also
out of phase with SST, resulting in sensible cooling of warm water with a smaller
magnitude than latent heat flux (Figure 2.8c).

The qualitative description of the relation between SST and surface turbulent heat
flux is in agreement with the previous study by Zhang and McPhaden (1995). They found
that, on TIW-related timescales in the eastern Pacific cold tongue, SST variations are
important in forcing latent heat flux variations, implicating an instantaneous atmospheric
response to SST. The simulated latent heat flux anomaly from the SCOAR model is

about 34 W m™ [1° K SST]" based on the linear-fitted line of binned scatters (Figure
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2.8b), somewhat lower than the observed estimates of 40 W m™ by Thum et al. (2002)
and 50 W m™ [1° K SST]"' by Zhang and McPhaden (1995). According to the simple
calculation by Thum et al. (2002), this anomaly in latent heat flux would produce 0.5°C
cooling of warm water, unambiguously indicating a negative feedback on the SST.
Furthermore, Deser et al. (1993) found the increased low-level cloudiness over warm
SST on TIW scales, hence reducing solar insolation reaching the sea surface. The
resultant impact is to cool warm water at roughly 0.6°C [month]”, again indicating a
negative feedback. Therefore the surface heat flux response to the evolving SST would be
to suppress the development of SST anomalies by TIWs (a negative feedback), as
discussed by numerous investigators (e.g., Liu et al. 2000; Chelton et al. 2001; Thum et
al. 2002; Xie et al. 2004).

The vertical stratification of the upper ocean and lower atmosphere associated
with TIWs is presented in Figure 2.9a,c for a longitudinal transect of the model. In the
upper ocean, sharp patches of cold water periodically reach the surface roughly every 11°
in longitude. The alternating occurrence of cold and warm water implies anticyclonic
ocean eddies as seen in the map of SST in Figure 2.3a as vectors of surface current. The
simulation also reveals the enhanced stratification of the upper ocean below the eastern
part of the anticyclonic eddies as indicated by the steeper thermocline (Figure 2.9d).

In the atmosphere, waves of temperature with similar wavelengths as TIWs are
found below the model mixed layer (~400 m), suggesting that SST affects the vertical
stratification of the lower atmosphere. Over cold waters stratification is markedly
enhanced, decoupling the surface mixed layer from the flow aloft. This reduces the
turbulent mixing of momentum (Wallace et al. 1989), thus decreasing winds near the

surface and increasing winds aloft (Figure 2.9b). In particular, the increase of winds aloft
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(above 400 m) over cold water has been barely evident in the observations, perhaps due
to the superimposed synoptic variability (e.g., Hashizume et al. 2002). More
comprehensive fieldwork during the East Pacific Investigation of Climate (EPIC) 2001
(Cronin et al. 2002; Raymond et al. 2004) showed the stronger zonal and meridional
winds over cold water at heights between 400-800 m (de Szoeke et al. 2005; Small et al.
2005). The model studies by de Szoeke and Bretherton (2004) and Small et al. (2003,
2005) also produced similar results. Another important point here is whether SST
influences the atmosphere above the atmospheric model boundary layer. If it does, then it
would suggest that SST might be more important than previously believed on these

spatial and temporal scales in climate modeling (Seo et al. 2006).

2.4.2 Mesoscale eddy feedbacks in the CCS
2.4.2.1 Background

The tight associations between SST and the ABL on the ocean mesoscale are not
limited to the tropical ocean, but commonly observed in the subtropics and midlatitude
ocean (e.g., Behringer et al. 1979; Nonaka and Xie 2003; Vecchi et al. 2004; O’Neill et
al. 2005). As one example, consider the rich mesoscale features of the California Current
System (Hickey 1979), which is characterized by seasonal development of equatorward
alongshore winds and corresponding coastal upwelling (Allen 1980; Lynn and Simpson
1987). Associated with this coastal upwelling are thin, cold filaments and squirts that
extend far offshore (Strub and James 2000).

Chelton et al. (2006, hereafter CSR06) showed that ocean-atmosphere coupling is
observed in the CCS region during the summertime where the upwelling fronts are well

developed. Based on the analysis of QuikSCAT wind stress along with the newly
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available SST data set from the advanced Microwave Scanning Radiometer on the EOS-
Aqua satellite (AMSR-E) on the monthly times scales, they concluded that SST fronts
generated by mesoscale variability and coastal upwelling exert an unambiguous influence
on the perturbation of summertime wind stress curl (and divergence). The dynamical
effects on the CCS may be far more important than in the equatorial ocean. Haack et al.
(2005) also found that positive wind stress curls were closely aligned with the tight SST
gradient prescribed in their COAMPS atmospheric model, implicating an important
dynamic feedback to ocean. CSR06 suggest that open-ocean Ekman pumping due to this
SST-generated wind stress curl is as important as Ekman transport due to alongshore
wind forcing in the CCS region (see also Pickett and Paduan 2003).

The observed strong coupling and dynamic feedback strongly suggest that this
ocean-to-atmosphere forcing may be substantially underestimated in conventional forced
ocean and atmospheric CCS models. Current coastal weather forecast models neglect the
mesoscale ocean-to-atmosphere forcing and the subsequent feedbacks. Eddy-resolving
regional ocean models forced with the observed high-resolution wind stress will also
suffer from consistency problems unless the ocean model reproduces SST fields that
quantitatively match observations. Numerical studies with high-resolution ocean-
atmosphere coupling will be essential to provide new insights to the dynamics of the CCS
region. The goal of the next section is to describe how the SCOAR model captures CCS
behavior and reproduces the observed response of the atmosphere to midlatitude

mesoscale eddies.

2.4.2.2 Results

As an initial test of the coupled model in the CCS region, a simulation was
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executed in for 4 years from 2001 to 2004 with RA2 forcing. The results are analyzed
based on monthly mean data to facilitate comparison with the observational estimates by
CSRO6. It should be noted, however, that the coupling coefficient (defined as the linear
relationship between the derivative wind stress fields and the SST gradient) is somewhat
sensitive to the subjectively chosen temporal and spatial averaging scales.

Figure 2.10 shows typical summertime statistics of SST and wind stress fields
obtained from the model in July 2003. Equatorward wind stress is predominant during the
summertime along the coast (Figure 2.10a). Two wind stress maxima (>0.14 N m?) are
found off Cape Mendocino and Pt. Conception. In association with these wind patterns,
the SST distribution is zonally asymmetric, with colder upwelled SSTs near the coast and
warmer SST offshore. Figure 2.10b shows that both coastal upwelling filaments and
offshore mesoscale eddies generate SST gradients greater than ~5-6°C over 100 km, in
agreement with that inferred from satellites (CSR06; Castelao et al. 2006). The resultant
SST fronts reveal a similar impact on the monthly mean wind stress derivatives and
surface heat fluxes as found for TIWs. The alignment of the SST gradient vectors to the
overlying wind stress directions causes spatially coherent patterns between wind stress
divergence and downwind SST gradient (Figure 2.10c) and between wind stress curl and
crosswind SST gradient (Figure 2.10d). It is also apparent that the gradient of latent heat
flux is almost in phase with the SST gradient. On ocean eddy scales, positive SST and
negative latent heat flux (and sensible heat flux, not shown) are spatially in phase, while
on larger scales they are not.

The strength of the linear response of monthly mean wind stress curl (divergence)
to crosswind (downwind) SST gradient was also evaluated for this region using binned

scatter plots in the same region as CSR06 (Figure 2.11a-c). The coupling coefficients



27
inferred from the linear fits between the respective derivatives are ~0.5 for wind stress
divergence and downwind SST gradient, and ~0.2 for wind stress curl and crosswind SST
gradient. This coupling strength is weaker by a factor of about 5 for divergence and about
10 for curl than that inferred from observations by CSR06, in contrast to the TIW region
where the coupled model produced comparable slopes.

The reason for the smaller coupling coefficients in the model may be that spatial
patterns of seasonal mean wind stress and SST are somewhat different from the
observations, with the summer wind stress maximum and CCS SST front located roughly
200 km further offshore than observed (not shown). The inconsistency may be partly due
to the use of climatological lateral boundary conditions for the ocean. Additionally, the
coupled model does not implement data assimilation in the atmospheric component as
some other regional atmospheric models do (see Perlin et al. 2004), resulting in a biased
mean state and different distributions for the variance fields. For example, the bottom
panel of Figure 2.11 shows binned scatter plots over a region that has variance levels
more comparable to those in the region defined by CSR06 from observations. The
coupling strength in this region is larger than found in the upper panel, although still
much weaker than observed.

Midlatitude air-sea coupling at oceanic frontal scales in this eastern boundary
current region also may not be adequately captured by this model for several other
reasons. Stronger synoptic weather variability, smaller scales of SST fronts, and
interactions involving the coastline and coastal orography could obscure the relevant
coupling signals in this region compared to the resounding signals found in the tropics.
However, Figure 2.10 and Figure 2.11 clearly reveal that the SCOAR model generates

coupling signals in the CCS region qualitatively comparable to the observations, even
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with climatological biases.

2.4.3 Gap Winds in the CAC
2.4.3.1 Background

The high-elevation mountains of the Sierra Madres along the central American
cordillera block low-level winds blowing from the Gulf of Mexico and the Caribbean Sea
toward the Pacific Ocean except through three low-elevation gaps in the Isthmus of
Tehuantepec, in the Nicaragua lake district, and at Panama (Figure 2.2c). Orographically
induced low-level wind jets through these narrow mountain gaps are strongest during the
boreal winter, reaching 10-20 m s™ with the frequent gusts of 60 m s (Stumpf 1975), and
extending at least 500 km offshore into the Pacific Ocean (Roden 1961). The high-wind
gap flows exert a strong influence on the mean geostrophic circulations and dynamics of
the regional ocean, and thus are an imperative climatic element of the eastern Pacific
Ocean, establishing a distinctively different climate regime in the eastern Pacific than the
central and western Pacific (Kessler 2002).

The gap winds are historically of great interest. Hurd (1929a,b) and Parmenter
(1970) both observed arched squall lines and the formation of dense fog associated with
the northerly wind of the Tehuantepec. Overland and Walter (1981) noted that these
winds are driven by the along-gap pressure gradient. Numerous studies have investigated
the structure and evolution of the gap winds (e.g., Schultz et al. 1997; Steenburgh et al.
1998; Chelton et al. 2000a,b), while others have examined their impacts on the regional
ocean circulation (McCreary et al. 1989; Kessler 2002), upwelling and formation of
stationary or propagating eddies (e.g., Roden 1961; Stumpf 1975; Stumpf and Legeckis

1977, Trasvina et al. 1995; Palacios and Bogard 2005), and the oceanic ecosystem
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(Fiedler 1994, 2002).

Recently, Xie et al. (2005) focused on the Papagayo jet, whose zonal orientation
and resulting band of Ekman pumping on its southern flank yield far more important
influences on the thermocline topography of the ocean than the Tehuantepec jet. In
addition to jet-induced Ekman pumping in the wintertime, the positive wind stress curl on
the southern flank of the Papagayo jet remains fairly strong throughout the year. This is
maintained with the aid of large-scale atmospheric flow as the cross-equatorial southerly
wind curves eastward and supplies additional background cyclonic wind shear. It results
in a permanent shoaling of the thermocline called the Costa Rica Dome, centered at 9°N
and 90°W, where the mean depth of the 20°C isotherm is less than only 30 m (see Figure
2.2 of Kessler 2002). Kessler (2002) noted that a linear Sverdrup balance forced by the
enhanced positive Ekman pumping could explain the dynamic topography of the cyclonic
Costa Rica Dome. Xie et al. (2005) explained that the zonal orientation of the Papagayo
jet is responsible for the thermocline response, as the effect of Ekman pumping is
accumulated westward from the coast in the zonal integral of the Sverdrup relation. The
meridionally oriented Tehuantepec jet, on the other hand, permits east-west canceling of
Ekman forcing in the zonal integral, thus leaving only marginal impact on the dynamic
topography in the wintertime.

Xie et al. (2005) subsequently revealed an important ocean-atmosphere feedback
process involving the Costa Rica Dome and seasonal precipitation. The isolated cold spot
at the sea surface, which is the surface expression of the Costa Rica Dome, leaves a
marked impact on atmospheric deep convection in summer by generating a regional
rainfall deficit within the inter-tropical convergence zone (ITCZ). The goal of the next

section is to examine how well the SCOAR model reproduces the observed mean climate
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and ocean-atmosphere coupling processes on seasonal timescales in the CAC region.

2.4.3.2 Results

As a test of the coupled model in the CAC domain, we performed a 5-year (1999-
2003) coupled model simulation with RA2 forcing to investigate the air-sea interactions
associated with the gap winds (Figure 2.2¢; Table 2.1). This 5-year period corresponds to
the time period studied by Xie et al. (2005), which facilitates the direct comparison with
the observations. Figure 2.12a,c shows the seasonal climatology of wind stress vectors
and their magnitudes. Prevailing easterlies are seen on the east coast of Central America
and over the Gulf of Mexico. The gap-forced wind jets are well defined in the surface
wind stress fields, exhibiting pronounced gap outflows off the coast of the three gaps.
Figure 2.12b,d illustrates the Ekman pumping velocity generated by these low-level wind
jets, clearly showing that they force upwelling (downwelling) on the left (right) flank of
the jets. Seasonal gap winds, and the corresponding curl-induced upwelling and
downwelling, become stronger in the wintertime when the gap winds are more frequent.

Xie et al. (2005) suggest that Tehuantepec and Papagayo wind jets and the
resultant vorticity forcings remain strong in their summer climatology. The present model
displays only a slight hint of these summertime low-level winds, indicating a model
deficiency. Nevertheless there is an indication of the patterns of alternating upwelling and
downwelling along the coast during summertime within the ITCZ-induced broad band of
upwelling (Figure 2.12d).

These low-level wind jets exert a distinctive impact on the underlying SST fields.
Figure 2.13a,c show the climatology of model SST, where the distinct minima off the

three gaps that intensify in winter are illustrated. These cold regions are a direct response
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to mixing by wind gusts and associated Ekman upwelling that shoal the model
thermocline (not shown). Comparing with the observations (Xie et al. 2005), in boreal
winter the cold tongue off the Gulf of Tehuantepec is too warm while two other ones to
the south are too cold. The surface expression of the Costa Rica Dome tends to be
exaggerated in the model during both seasons, indicating that the model suffers a
significant cold bias in the warm pool region (Figure 2.3a,c).

The SCOAR simulation supports the Xie et al. (2005) hypothesis of the feedback
of SST on summertime precipitation by qualitatively reproducing a similar precipitation
climatology (Figure 2.13b,d). Over the Costa Rica Dome, SST is colder by 2°C beyond
its periphery. The SST colder than the convective threshold suppresses precipitation,
producing a region of rainfall deficit within the ITCZ. This “dry hole” in the model is,
however, only ~300 km in diameter, which is smaller than the ~500 km pattern apparent
in observations.

It is worth noting that gap winds and air-sea interaction are also allowed in the
ETP case since it includes the CAC domain, but with only half the horizontal resolution
(Table 2.1). Interestingly, the dry hole was not visually evident in the ITCZ in this
coarser resolution run (not shown). This result is consistent with the study by Xie et al.
(2006), in which a 0.5° resolution coupled model was not able to produce the observed

dry hole.

2.5 Summary and discussion

The SCOAR model, which combines two well-known ocean (ROMS) and

atmosphere (RSM) models with a flux coupling strategy, was developed to study small-
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scale coupled interactions. Its capabilities are demonstrated for three phenomena in three
domains of the eastern Pacific Ocean: tropical instability waves in the eastern tropical
Pacific, mesoscale eddies in the California Current System, and gap winds along the
Central American Coast. These phenomena are modeled here for the first time using high
resolution and full coupling, with key aspects of model variables compared favorably
with observations.

In the Eastern Tropical Pacific region, the SCOAR model reproduces key features
of observed air-sea coupling involving TIWs and cross-equatorial winds. Stability within
the ABL changes as the surface winds blow across the front (Wallace et al. 1989). This
results in acceleration of surface winds and enhanced turbulent heat flux over warmer
SST to the north. The heat flux response yields thermodynamic feedback to the TIWs by
enhancing (reducing) evaporative and sensible cooling of warmer (colder) water. This is
consistent with numerous studies that suggest that the feedback of turbulent and radiative
flux on SST is negative, suppressing the growth of SST by TIWs (e.g., Deser et al. 1993;
Thum et al. 2002).

In addition to the negative heat flux feedback from the perturbed atmosphere,
TIWs induce a dynamic feedback from the atmosphere by generating narrow bands of
strong wind stress curl and divergence along the SST fronts. In idealized experiments,
Pezzi et al. (2004) found that active wind stress coupling modified by the underlying SST
results in a slight decrease in TIW variability. Additional experiments using SCOAR with
and without the effects of thermodynamic and dynamic feedbacks in this region are now
in progress to address the role of each type of atmospheric feedback with TIWs.

In the CCS region, a similar linear relationship between derivatives of SST and

wind stress was also identified in monthly averaged model outputs. Wind stress curl and
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divergence are linearly proportional to the crosswind and downwind SST gradient near
the coastal ocean. However, the linear slopes computed from the scatter plots are weaker
than observed (Chelton et al. 2007), perhaps due to the discrepancy between the model
climatology and observations or to the resolution limitations of the satellite SST data. A
closer examination of SST-induced perturbation of wind stress curl and the subsequent
impact on the open ocean dynamics is currently underway using SCOAR.

Along the west coast of Central America, coupled feedbacks involving coastal
mountains, low-level wind jets, thermocline topography, and precipitation are replicated
on seasonal timescales. Despite discrepancies in the intensity of Ekman forcing by wind
jets, the extent of the Costa Rica Dome, and the size of the dry hole within the ITCZ, the
model reasonably well reproduces the seasonal climatology in this region. Most
importantly, the SCOAR model captures the key features of ocean-atmosphere feedback
between the surface expression of the Costa Rica Dome and the dry hole in the ITCZ.

These preliminary results motivate further studies of these and other coupled
ocean-atmosphere phenomena that occur around the globe. A key modeling strategy will
involve comparing simulations in fully coupled, partially coupled, and uncoupled modes.
By introducing and adjusting the coupling parameters of the thermodynamic and dynamic
interaction of the air and sea, one can address fundamental questions on the role of the
ocean-induced atmospheric feedbacks to the ocean anomalies, and the relative
importance of the thermodynamic and dynamic feedbacks. Detailed analyses are in

progress.
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Table 2.1 Model domain specifications for Eastern Tropical Pacific (ETP), Central
American Coast (CAC), and California Current System (CCS). For all experiments, RSM
(ROMS) uses 28 (20) vertical layers. The ETC and CAC cases are 5-year simulations
from 1999-2003, while the CCS case is 4 years from 2001-2004.

RSM ROMS

Horizontal Horizontal
resolution Grid size resolution Grid size
Application (km) (Nx X Ny) (km) (Nx X Ny)

ETP 50 129 X 86 42 147 X 88
CCS 16 107 x 120 7 220 x 250
CAC 27 129 X 86 25 138 x 82
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SCOAR Model

Ij Flux Ij

Regional Flux-SST ||| Regional Ocean
Spectral Model Coupler Modeling
(RSM) System (ROMS)
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Figure 2.1 Schematic description of the Scripps Coupled Ocean-Atmosphere Regional
(SCOAR) model; Initialization and large-scale atmospheric flows specified as low-
wavenumber forcing of the RSM are obtained from NCEP/DOE Reanalysis (RA2). Initial
and boundary conditions for ROMS are from the ocean analysis from the Estimating the
Circulations and the Climate of the Ocean (ECCO) project, or Levitus climatological
mean temperature and salinity. The RSM and ROMS are coupled sequentially with
typical coupling intervals of 3, 24, or 120 hours.
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Figure 2.2 Model domain, bathymetry and orography (m) for (a) Eastern Tropical Pacific
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Solid box on (a) represents CAC domain in (c).
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(b) Model wind stress
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Figure 2.3 Three-day averaged oceanic and atmospheric states centered on September 3,
1999 from (upper panel) the model simulations, and (bottom panel) from the observations.
(a) SST (°C) and ocean surface currents (m s'), (b) wind stress (WS) vector and
magnitude (N m’ %). (¢) SST (°C) from TMI, and (d) wind stress vectors and magnitude
from the QuikSCAT. Surface current speed less than 0.4 m s is not plotted in (a). Wind
stress magnitude less than 0.02 N m? is not plotted in (b) and (d).
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(a) SST and Wind Stress  0.1N/m2
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Figure 2.4 Example of the SST and wind-stress spatial relationship simulated by the
coupled model (3-day mean centered on September 5, 1999). (a) SST (°C) and wind
stress vector (N m™), (b) wind stress divergence (N m™ [10" km] ") and SST contours
shown in (a), and (c) wind stress curl (N m™ [10°km]™) and SST contours shown in (a).
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Figure 2.5 Longitude-time plots along 1°N on the north side of the equator of model SST

and wind stress fields from July 16 to December 31, 1999: (a) perturbation wind stress
(WS) with contours of perturbation SST (°C), (b) perturbation latent heat flux (N m?)
with contours of perturbation SST (°C), (c) wind stress divergence (WSD, N m™ [10* km]
" overlaid with contours of downwind SST gradient (ddT, °C [100 km]™), and (d) wind
stress curl (WSC, N m? [10* km]™") overlaid with contours of crosswind SST gradient
(cdT, °C [100 km]™). Contour intervals for SST in (a) and (b) are 0.5°C, and contour
intervals for ddT in (c) and cdT in (d) are 0.5 °C [100 km]™. For clarity, contours of zero
values are not plotted. Solid (dashed) contours represent positive (negative) values.
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Figure 2.6 The same as Figure 2.5, except along 4°S on the south side of equator.
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(a) WSD and ddT (b) WSC and cdT
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Figure 2.7 Binned scatter g)lots of (left) the zonally high-pass ﬁltered wind stress

dlvergence (WSD, N m™ [10*km]™) and the downwmd SST gradient (ddT, °C [100 km]

", and (right) wind stress curl (WSC, N m’ 2 [10* km]™") and crosswind SST gradient
(cdT, °C [100 km]") over 125°W-100°W, and 5°S-5°N from cold seasons (July to
December) for 5 years (1999-2003). Solid circles in the plot indicate the overall mean
values within each bin for the whole period of time, and the error bars represent the =1
standard deviations of the scatter. The solid lines through the binned means represent
least squares fits of the binned means to the straight lines. The parameter, s, in each plot
indicates the slopes of the fitted line (coupling strength). Daily SST at 42 km ROMS grid
was smoothed using 4° longitudes by 2° latitudes block running mean. The SST gradient
was computed from the resultant smoothed SST by centered differences. The wind stress
curl and divergence (and heat flux) were computed from the unsmoothed wind stress at
50 km RSM grid by the same difference method. Then, the derivative SST and wind
stress fields were zonally high-pass filtered to reduce the variability with zonal scales
longer than 20° longitudes. The binned scatters were computed based on 3-day averaged
data of the resultant high-pass filtered fields.
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(b) Latent heat flux and SST

(d) Sensible heat flux and SST
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Figure 2.8 (left) Same as Figure 2.4, except (a) latent heat flux (W m %) overlaid with
contours of SST (°C) shown Figure 2.4a, (c) sensible heat flux (W m™) with contours of
SST (°C) shown Figure 2.4a, (rlght) same as Figure 2.7 except for plots of (b)
perturbatlon latent heat flux (W m?) and SST (°C) and (d) perturbatlon sensible heat flux
(W m?) and SST (°C). The convention of sign of heat flux is such that positive flux
warms the ocean. SST, and latent and sensible heat flux used in the binned scatter plots
were lowpass- and highpass-filtered as described in Figure 2.7.
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Figure 2.9 (left) Longitude-height (depth) cross-sections of (a) atmospheric temperature
(°C) and (c) ocean temperature (°C) from 2-4 September 1999 averaged from 1°N-2°N.
(right) The composite profiles of (b) zonal wind (m s and (d) vertical ocean
temperature (°C). Red (blue) lines are mean profiles when zonal deviation of SST is
warmer (colder) than 1 standard deviation. There were 17 (15) warm (cold) phases from
2-4 September 1999.
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Figure 2.10 Model-derived 30-day average fields of SST and wind stress in July 2003. (a)
SST (°C) overlaid with vectors of wind stress (W) and contours of WS magnitude (N m
2. (b) absolute values of latent heat flux gradient (|dLH , W m™[100 km]™") with contours
of SST gradient (|dT, °C [100 km]™), (c) anomalous wind stress divergence (WSD, N m™
[10*km]™") with contours of downwind SST gradient (°C [100 km]™), (d) anomalies of
wind stress curl (WSC, N m™ [10*km]™") with contours of crosswind SST gradient (°C
[100 km]™). Contour interval of wind stress magnitudes in (a) is 0.02 N m. Contours of
|dLH| are every 30 W m™~[100 km]™ (thick contours for 30 W m™[100 km]™). WSC and
WSD are plotted every 1 N m™ [10* km]" (thick contours for =1 N m™ [10* km]™).
Summertime averages are removed from wind stress derivatives and the respective
components of SST gradient in (c) and (d).




46

Summer 2001—-2004 over 36N—43N and 128W—-122W
5 (a) WSD and ddT ” (b) WSC and cdT - (¢c) dLH and 4T

: =o.8

'Tll ]

-2 : ; ; -2 r T T -30

Summer 2001—-2004 over 32N—39N & 125W—-120W
5 (d) WSD and dd4dT 5 (e) WSC and cdT - (f) dLH and 4T

s=0.8

-1 -05 0 05 1 -1 -05 0 05 1 -1 -05 0 05 1
ddT cdT dLH

Figure 2.11 Binned scatter plots over California coastal ocean computed from
summertime (July-October) monthly—averaged data from 2001 to 2004 over (upper panel)
36°N-43°N, and 128°W-122°W as used in Chelton et al. (2006), (lower panel) 32°N—
39°N and 125°W-120°W. (left) wind stress dlvergence (WSD, N m? [10* km]™) and
downwmd SST gradient (ddT, °C [100 km]™), (middle) Wmd stress curl (WSC, N m™
[10*km]™) and crosswmd SST gradlent (cdT, °C [100 km]™), and (rlght) latent heat flux
gradient (dLH, W m’ 1100 km]™") and SST gradient (dT, °C [100 km]™). Daily SST on
the 7 km ROMS grid and atmospheric flux on the 16 km RSM grid were monthly
averaged and smoothed using 0.5° block averages. The SST gradient was computed from
the resultant smoothed SST with centered differences. The derivatives of wind stress and
heat flux were computed from the unsmoothed wind. The binned scatters were computed
based on monthly averaged data for summertime. Large-scale summertime mean SST
and wind stress are subtracted from full fields in left and middle panels.
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Figure 2.12 (left) Model climatology (1999-2003) of wind stress (WS) vector and
magnitude (N m’ %) averaged from (a) January to April (winter) and (c) from July to

10ms)

October (summer), (right) Wind-induced Ekman pumping velocity (w,
exerted by gap winds for (b) winter and (d) summer.
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Figure 2.13 Same as Figure 2.12 except for SST (°C) for (a) and (c). Corresponding
precipitation (mm day'l) is shown in (b) for winter and (d) for summer. Note that color-
scale is different in (b) and (d) to better display the precipitation patterns in the different
seasons.



CHAPTER 3

Feedback of Tropical Instability Wave - induced Atmospheric

Variability onto the Ocean

ABSTRACT

The effects of atmospheric feedbacks on tropical instability waves (TIWs) in the
equatorial Atlantic Ocean are examined using a regional high-resolution coupled climate
model. The analysis from a 6-year hindcast from 1999-2004 reveals a negative
correlation between TIW-induced wind perturbations and TIW-induced ocean currents,
which implies damping of the TIWs. On the other hand, the feedback effect from the
modification of Ekman pumping velocity by TIWs is small compared to the contribution
to TIW growth by baroclinic instability. Overall, the atmosphere reduces the growth of
TIWs by adjusting its wind response to the evolving TIWs. The analysis also shows that
including ocean currents (mean + TIWs) in the wind stress parameterization reduces the
surface stress estimate by 15-25% over the region of the South Equatorial Current.
Moreover, TIW-induced perturbation ocean currents can significantly alter surface stress
estimates from scatterometers, especially at TIW frequencies. Lastly, the rectification
effect from the atmospheric response to TIWs on latent heat flux is small compared to the

mean latent heat flux.
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3.1. Introduction

Tropical Instability Waves (TIWs) are generated from instabilities of equatorial
zonal currents and are a common feature in both the tropical Atlantic (Diiing et al. 1975)
and Pacific Oceans (Legeckis 1977; Legeckis et al. 1983). Observations reveal TIWs as
westward propagating wave-like oscillations of the sea surface temperature (SST) near
the equator with a typical wavelength of ~10° longitude and a phase speed of ~0.5 m s
(Weisberg and Weingartner 1988; Qiao and Weisberg 1995, and references therein). A
detailed study of TIWs is necessary because they are an important element in the
momentum balance (Weisberg 1984) and in the equatorial ocean heat budget (Hansen
and Paul 1984; Bryden and Brady 1989; Baturin and Niiler 1997; Jochum and
Murtugudde 2006).

Numerous studies have discussed the generation mechanisms and energetics of
TIWs. Analytical studies by Philander (1976; 1978) showed that meridional shear of the
zonal currents leads to a barotropic conversion of mean kinetic energy to eddy kinetic
energy (EKE), which supports the growth of waves with wavelengths and periods similar
to those of the observed TIWs. Cox (1980) showed that baroclinic instability, though less
important, is also a source of the EKE that is drawn from the mean potential energy. In
addition, frontal instability (Yu et al. 1995) and Kelvin-Helmholtz instability (Proehl
1996) were shown to be important EKE sources for the TIWs. A more comprehensive
numerical study of the generation and the energetics of Pacific TIWs has shown that the
northern temperature front is baroclincally unstable, while shear of the zonal currents
causes barotropic instability at the equator (Masina et al 1999; hereafter MPB). These

two different instabilities are phase-locked and are both important energy sources for



51

TIWs. On the other hand, Jochum et al. (2004; hereafter JMB) found that barotropic
instability in the Atlantic was dominant in their energy budget and the baroclinic term
was less important.

Chelton et al. (2004) and Xie (2004) demonstrated that ocean-atmosphere
interactions involving the oceanic mesoscale occur throughout the world ocean. SST on
this scale induces a wind response in the atmospheric boundary layer through
modification of the vertical turbulent mixing (Wallace et al. 1989; Hayes et al. 1989). Air
over the warm water is destabilized, and increased turbulent mixing of momentum
accelerates near-surface winds. Conversely, cold SST suppresses the momentum mixing,
decouples the near-surface wind from wind aloft, and hence decreases the near-surface
wind. Small et al. (2003) and Cronin et al. (2003) reported that the pressure gradient
mechanism of Lindzen and Nigam (1987) is likely to be an important mechanism as well.
Furthermore, Chelton et al. (2001) showed that undulating SST fronts by TIWs further
affect the perturbation wind stress derivatives in the atmosphere, suggesting a possible
feedback from the atmosphere to the TIWs through Ekman dynamics. The lack of
simultaneous measurements of ocean currents and wind stresses on the TIW-scale makes
it difficult to quantify in great detail the feedbacks from the perturbation wind field on the
TIWs.

Pezzi et al. (2004) modeled this SST-wind coupling and showed that it reduces
variability of TIWs. Their simple coupling parameterization included the effect of TIW-
induced SST variations directly on the wind fields and through the modification in wind

stress derivatives. Seo et al. (2007) used a full-physics high-resolution regional coupled
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model to explore several aspects of the tropical Pacific TIWs, reproducing the observed
coupling strength as a function of SST gradient.

Recent findings on this close coupling between the ocean and the atmosphere at
the oceanic mesoscale raise new questions that have been largely unexplored in the
aforementioned studies. What is the role of the wind response in the energy budget of
TIWs? How do the atmospheric feedbacks amplify or dampen the TIWs? What is the
rectification effect on the mean surface heat flux from the atmospheric response to the
TIWs? These questions will be addressed in the present study, which is among the first of
its kind using a regional coupled ocean-atmosphere model at eddy-resolving resolution.

In the present study, the regionally coupled high-resolution model of Seo et al.
(2007) 1s used to quantify the contribution of tropical Atlantic ocean-atmosphere
covariability to the energetics of the TIWs. It is shown that the direct response of winds
to the TIW-induced SST imposes a negative feedback on the growth of TIWs. It is also
shown that perturbation Ekman pumping due to TIWs (Chelton et al. 2001) is a very
small forcing effect compared to baroclinic instability in the equatorial ocean.

It is also argued that ocean currents (mean + TIWs) substantially reduce the
surface stress estimation by 15-20% over the large area of the South Equatorial Current.
Moreover, TIW-induced perturbation ocean currents can significantly alter the local
surface stress estimate during the active TIW season. This suggests that numerical studies
of TIWs will suffer from a consistency problem when the model is forced with the

observed winds such as scatterometer wind stresses.
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Lastly, perturbation latent heat flux generated at the sea surface by evolving TIW-

SST is small compared to the contribution from the mean component, indicating only a
weak rectification effect on the ocean from these high-frequency perturbations.

In section 3.2, the model and experiment designed for this study are explained.

In section 3.3, the main results of the study are discussed, followed by the conclusion and

summary in section 3.4.

3.2 Model and Experiment

The coupled model used for the present study is the Scripps Coupled Ocean-
Atmospheric Regional (SCOAR) model (Seo et al. 2007). It combines two well-known,
state-of-the-art regional atmosphere and ocean models using a flux-SST coupling
strategy. The atmospheric model is the Experimental Climate Prediction Center (ECPC)
Regional Spectral Model (RSM) and the ocean model is the Regional Ocean Modeling
System (ROMS).

The RSM, originally developed at the National Centers for Environmental
Prediction (NCEP) is described in Juang and Kanamitsu (1994) and Juang et al. (1997).
The code was later updated with greater flexibility and much higher efficiency
(Kanamitsu et al. 2005; Kanamaru and Kanamitsu 2007). Briefly, it is a limited-area
primitive equation atmospheric model with a perturbation method in spectral
computation, and utilizes a terrain-following sigma coordinate system (28 levels). The
model physics are same as NCEP global seasonal forecast model (Kanamitsu et al.

2002a) and NCEP/National Center for Atmospheric Research (NCAR) Reanalysis model
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(Kalnay et al. 1996) except for the parameterization of convection and radiative
processes.

The ROMS solves the incompressible and hydrostatic primitive equations with a
free surface on horizontal curvilinear coordinates and utilizes stretched generalized sigma
coordinates in order to enhance vertical resolution near the sea surface and bathymetry.
The details of the model can be found in Haidvogel et al. (2000) and Shchepetkin and
McWilliams (2005).

A flux-SST coupler bridges the atmospheric (RSM) and ocean (ROMS) models.
The coupler works in a sequential fashion; the RSM and ROMS take turns integrating
while exchanging forcing every 24 hr. The interacting boundary layer between RSM and
ROMS is based on the bulk formula for surface fluxes of momentum, and sensible and
latent heat adapted from the algorithm of Fairall et al. (1996).

Although the drag coefficient is generally a function of both wind speed and
atmospheric boundary layer stability, Liu et al. (1976) showed that, for the typical
environmental conditions in the tropics, with near-surface wind speeds of ~7 m s, the
bulk transfer coefficients are only marginally sensitive to the typical changes in the
stability induced by +0.5°C changes in air-sea temperature difference. Thus bulk transfer
coefficients for momentum and the moisture remain largely unchanged by the changes in
the atmospheric stability due to TIW SST changes.

Seo et al. (2006) showed that resolving mesoscale variability in the equatorial
Atlantic Ocean is important in improving the simulations of large-scale mean SST and
the precipitation. The present study uses the identical model setup as in Seo et al. (2006),

except for an enhanced atmospheric resolution of ~1/4° to match the underlying ocean



55

grid at ~1/4°. Comparable high resolution in the coupled model allows for synchronous
local feedback of ocean and atmosphere arising in the presence of ocean mesoscale
eddies including TIWs.

The initialization and forcing procedures for both cases are as follows. The
ROMS ocean was first spun up for 8 years with the Comprehensive Ocean—Atmosphere
Data Set (COADS) climatological atmospheric forcing (da Silva et al. 1994) and
climatological oceanic boundary conditions from the World Ocean Atlas 2001 (Conkright
et al. 2002). Then the SCOAR coupled run was launched for 7 years from 1998 to 2004
with low-wavenumber NCEP/Department of Energy (DOE) Reanalysis II (Kanamitsu et
al. 2002b) atmospheric forcing and climatological oceanic boundary conditions. The 6-
year solution from 1999 to 2004 is analyzed in this study.

The model domain covers the whole tropical Atlantic basin from 30°S to 30°N
and from 70°W to 20°E, including eastern Brazil and western Africa. Since the focus of
the present study is the effects of atmospheric feedbacks on TIWs, the domain analyzed
here is limited to the region close to the equator where TIW activity is large. Figure 3.1
shows a snapshot of SST that represents the typical spatial patterns of TIWs from the
model, in comparison to measurements from the Tropical Rainfall Measuring Mission
(TRMM) Microwave Imager (TMI). The simulated TIWs in the model are qualitatively
similar to the observations, with cusps of SST north of the equator along the equatorial
front. However, an exact correspondence of the modeled TIWs with the observations at
any given time is not expected because TIWs are generated by internal ocean dynamics,
rather than deterministically forced. On the other hand, the eddy statistics of the waves

are well represented in the SCOAR model (Figure 3.2b).



56

Figure 3.2 shows an annual mean zonal current at 23°W and the EKE of the near-
surface currents. The core of the equatorial undercurrent (EUC) reaching ~100 ¢cm s is
located at a depth of 150 m, and this compares well with the observations (e.g., Brandt et
al. 2006; Schott et al. 2003) and modeling studies (JMB). The maximum EKE, greater
than 400 cm” s is located at the equator, which is also consistent with time-mean
perturbation kinetic energy estimated from the observations (Weisberg and Weingartner
1988).

Temporal filtering of data is useful to extract the characteristics of the TIWs (e.g.,
Hashizume et al. 2001; JMB). However, temporal band-pass filtering alone (e.g., 10-40
days) does not completely rid the system of intrinsic higher frequency (3-15 days)
synoptic variability in the atmosphere. A spatial (zonal) filtering in combination with
some temporal smoothing is more useful when one aims to highlight co-varying patterns
of the ocean-atmosphere signals arising from fast-moving TIWs (e.g., Chelton et al.
2001; Small et al. 2003). Thus all the variables analyzed in this study are zonally high-
pass filtered to retain the signals of the ocean and the atmosphere less than 10° longitude

and also 5-day averaged to reduce the fast-changing atmospheric and oceanic variability.

3.3 Results

3.3.1 Impact of wind-current covariability on the TIWs

Figure 3.3 shows a snapshot of TIW-SST overlaid with surface currents and wind
stresses. Anticyclonic ocean currents are generated north of the equator in association
with TIWs (Figure 3.3a), over which large-scale winds are southeasterly, traversing the

SST front (Figure 3.3b). Figure 3.4 shows a 3-day averaged snapshot of SST anomaly,
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SST’, overlaid with the perturbation surface currents, u', and wind stresses, T,
associated with the TIWs. SST” and 7' have an in-phase relationship, such that warm
(cold) SST’ enhances (reduces) southeasterly background atmospheric flows. This is a
result of changes in stratification of the lower atmospheric boundary layer according to
the underlying SST’ which in turn leads to the atmospheric adjustment of vertical
turbulent mixing of momentum (Wallace et al. 1989; Hayes et al. 1989).

Apparent in Figure 3.4 is that 7' is generally in the opposite direction of ',
particularly for the meridional components in Figure 3.4a. Figure 3.5 shows a simple
schematic representation of such a relationship. Cold, newly upwelled waters from the
equator are pushed northward by TIWs while they drive warm water from the north
equatorward (Figure 3.3a). The anomalous meridional currents are slowed down by
perturbations in meridional surface winds, which are generated in response to the TIW-
SST. This feedback results in a significant negative correlation north of the equator where
TIWs are most energetic (Figure 3.6a). The significant positive correlation south of the
equator can be understood similarly.

The relationship between the zonal TIW perturbation currents and wind stresses is
more complicated because of asymmetric responses in the southern and northern part of
the TIW-SST. In the northern flank of the eddy (Figure 3.4b, and Figure 3.5b), the above
explanation is true, where zonal wind stress and zonal surface current generally oppose
each other. This is because warm SST increases the easterly background winds where
TIWSs generate eastward currents (Figure 3.3a). Near the equator, however, a significant
positive correlation indicates that winds and currents are aligned together zonally. This

results when the warm water pushed by TIWs from the north turns westward at the



58

equator to close the anticyclonic ocean eddy, over which easterly winds are accelerated
(Figure 3.3a, 3.4b). Figure 3.6b shows bands of positive correlation near the equator and
negative correlation north of the equator. We now discuss how these correlation patterns
translate into the EKE budget of the TIWs.

Here we use a similar technique as used by MPB and JMB, based on the EKE
budget. The difference is that in their equation the eddy component is defined as a
deviation from the time mean flow, whereas here it is defined as a deviation from the 10°
longitudes zonal running mean averages. In the Pacific Ocean, a longer cutoff wavelength
could be used in band-pass filtering, while this is not desirable in the tropical Atlantic
Ocean because the basin is much smaller and this would give rise to more ocean grid
points lost from the continental boundary. It should be noted however that the results
discussed here are not significantly altered by the choice of cutoff wavelength of the
zonal filter, so long as the TIW-signals are retained.

MPB estimated each term of the EKE budget in the tropical Pacific Ocean using a

numerical ocean model. The EKE equation can be written as

U-VK +ii'-VK, ==V-(ilp)-gpWw'+ p,(~i" (i~ VU))

2!

- 2—> - - -
P, A VU + p ' (A L), + 10, T, )

The capital letters denote the annual mean values and the primes are zonally band

pass filtered values. K, is the EKE, (1,v,w) the ocean velocity vectors, p the pressure, p

e

the density, g the gravitational acceleration, A, and A, are the horizontal and vertical
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viscosities, respectively, and 7T the surface wind stress. The terms on the LHS are
horizontal and vertical advections of EKE by the mean and eddy currents. Annual mean
local tendency of the EKE is negligible. The first term on the RHS is the vertical and
horizontal radiation of energy, and the second term represents baroclinic conversion
process, whereby mean available potential energy is converted into EKE. The third term
is the horizontal deformation work that represents a conversion from mean kinetic energy
to EKE. The fourth and fifth terms designate the horizontal and vertical dissipation,
respectively, of EKE by the eddies. The last term, which is the focus of the present study,
corresponds to the effect of the correlation of currents and wind stresses integrated to the
depth at which momentum input from wind stress vanishes.

From the estimates of each term of equation (1) using their model output, J]MB
concluded that barotropic conversion of the zonal flow, the component, -p,(uv'U,), of the
full term, p,(-u'- (i'-VU)), was the dominant source for the TIW EKE. Other
deformation terms in the barotropic convergence rate, -0, (uuU+ uv'V.+ v'v'V), and
the baroclinic conversion rate, -gow’, were argued to be less important.

For the previous studies of the energetics of TIWs, including MPB and JMB, the
effect of the correlation between ocean surface currents and wind stresses, the last term of
equation (1), was zero by construction because their models were forced with
climatological wind. Vertical averaging of equation (1) gives an estimate of the relative
importance of this term, u,, - 7., compared with, for example, the barotropic convergent
rate of the zonal flow, -p,(u”vU)). Figure 3.7 shows the 6-year mean and zonal mean -

P,uvU,) and uy -7, averaged from the surface to 150 m depth. This depth range
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should include the maximal effects of both of these terms. For example, the center of the
EUC is located at 150 m depth (Figure 3.2a) where -p,(uvU,) is most dominant (JMB).
Wind input, in contrast, should be largest near the surface and decrease to small values
near the center of the EUC.

The magnitude of the time and zonal mean barotropic conversion of the zonal
flow, -p,(uvU)), in the present model compares well with the estimate of JMB, although
there is a secondary peak at 3°N, which was not seen in their study. The sign of the
energy conversion rate estimated in each direction agrees with the map of correlation.
Positive correlation of zonal winds and currents (Figure 3.6b), for example, results in an
EKE source at the equator (Figure 3.7). Overall, the net impact of the correlation of u'
and 7' is largely negative, with its peak at 2°N. At this particular latitude, the wind
contribution to the TIW energy budget is large, amounting to roughly 40% of the
barotropic convergent rate term. If averaged over TIW region (2°S-5°N), the contribution
from wind-current coupling is ~10% of the barotropic conversion term, which suggests
that overall wind-current coupling is small but significant sink of EKE of the TIWs. This
is one of the main results of this study. This agrees with the observational study by Polito
et al. (2001) who showed, based on the analysis of TIW anomaly relationship using the
satellite data and assuming geostrophy, that meridional wind speeds are in quadrature
with sea surface heights, and thus in opposition to the phase of meridional TIW currents.
This implies that the opposing winds slow down the surface current associated with the
TIWs.

In addition to the feedback arising from a direct response of winds to TIWs,

Chelton et al. (2001) found that perturbation wind stress curl generated at the front by
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TIWs could be an additional feedback. Spall (2007) discussed how the observed
relationship of SST and wind stresses affects the baroclinic instability of the ocean
through Ekman pumping. Then he applied this model to a classic linear, quasi-
geostrophic stability problem for a uniformly sheared flow originally studied by Eady
(1949). For the case of southerly background winds blowing from cold to warm waters,
his analysis indicates that Ekman pumping and the forced vorticity would reduce the
growth rate and wavelength of the most unstable wave (Figure 1 of Spall 2007).

In the current model, the effect of Ekman pumping on the TIWs is estimated by

/
e

comparing the magnitudes of Ekman pumping velocity, w,’, and perturbation vertical
velocity, w’, from the model output which enters the baroclinic conversion term
(Equation 1). This w’is computed at the base of the mixed layer, which is defined as the
depth at which SST decreases by 0.5°C from the sea surface. Hovmoller diagrams of w’
and w,”at 2°N for one particular TIW-season (mid-May 2001 to January 2002) illustrate
the westward propagating features of both w”and w,’, although w’exhibits more coherent
spatial structures that resemble TIWs, with much stronger amplitudes. Time series of w’
and w,” at 2°N, 30°W confirm that the amplitudes of w’are much stronger than those of
w,” throughout the whole 6-year period.

This suggests that the effect of wind stress curl due to the zonal SST gradient is a
minor contribution to the TIWs compared to the baroclinic energy source intrinsic to the
ocean. However, this result comes with the caveat that Ekman pumping velocity becomes

singular at the equator, and the variability in upwelling due to direct wind effects is

difficult to quantify.
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Hence, the net effect of the two sources of atmospheric feedback (i.e. a direct
response of wind and Ekman pumping) due to TIW-SST weakly damps the TIWs. This is
consistent with the results by Pezzi et al. (2004) who parameterized this feedback effect
by adding an empirical correlation between SST and surface wind to the forcing fields of

their ocean general circulation model (OGCM).

3.3.2 Impact of Surface Current on Wind Stress

The Quick Scatterometer (QuikSCAT) measures wind stresses at the sea surface
from the intensity of the backscatter in the Ku-band (Kelly et al. 2001). This stress is a
function of the ocean surface state, including roughness, as well as atmospheric
background winds (Chelton and Frelich 2005). Kelly et al. (2001) showed that the
difference of mean winds from the QuikSCAT and the Tropical Atmosphere-Ocean
(TAO) array closely resembles the mean equatorial surface currents, and this is attributed
to the QuikSCAT measuring the relative motion of air and sea.

Here the effect of TIW-induced surface currents on the surface wind stress
estimation is examined. The surface wind stresses are computed for the different
scenarios with the knowledge of the model 10-m winds and the ocean surface current

using bulk formulae. The wind stress parameterization of QuikSCAT can be written as

u,|(u, —u,) 2)

ua - uo

7, =pC,

where p is the air density, C, is the drag coefficient (1.3*107), u, is the atmospheric

a

wind velocity and u, is the ocean surface current velocity. Thus |fl| is an estimated
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surface stress magnitudes in the presence of the surface ocean current (mean currents +

TIW currents). If the ocean surface were motionless, the wind stress, 7, would be

T, =pC,lu,u, 3)
If the effect of TIW currents on wind stresses is removed by zonal lowpass filter,

this wind stress, T, can then be written as

(ﬁa - uo _lowpass ) (4)

T,=pC,lu, —u

o_ lowpass

where u is low-passed surface current velocity to remove the TIW currents.

o_ lowpass
Comparison of |fl| and |172| gives an estimate of effect of ocean currents on the surface
wind stresses. Comparison of |fl| and |173| will show the effect of TIW-induced
perturbation ocean currents on the surface wind stresses. Figure 3.9a shows a time series
of |fl| at 2°N averaged over 20°W and 15°W, where the TIW activity is large. Time
series of |fl| exhibits a strong intraseasonal variability, in particular during the second
half of the year, when TIWs are active. The annual mean wind stress over this area is
roughly 0.027 N m™.

Figure 3.9b shows that |7 |-|7,| is mostly negative, with larger deficit in 7| in
the second half of each year. This indicates that including ocean currents reduces the
wind stress estimate at this latitude (2°N) evidently because mean South Equatorial

Current is in the same direction as the large-scale winds. This is consistent with the
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results of Kelly et al. (2001). Figure 3.10a shows the map of the annual mean %
rl

Over the large area across the equator and the coastal regions, the effect of the ocean
surface current is to reduce the surface stress by 15-20% in the current model, consistent
with the previous studies (Pacanowski 1987; Luo et al. 2005; Dawe and Thompson
2006). Even larger values found at the coastal oceans suggest that strong variability of the

coastal currents can significantly alter the estimated surface stresses near the coast.

Figure 3.9c shows a 6-year time-series of |17,| - |1T'3 , which closely resembles TIW

currents in the ocean (Figure 3.9d, with correlation coefficient of -0.8). This shows the
importance of fluctuating ocean currents on the estimation of wind stress. Since the

annual mean of |17,|—|1T'3| is close to zero because of the oscillatory cancellation of the

TIW currents, the annual mean TIW-currents do not significantly affect the annual mean
surface wind stress estimates. However, it should be noted that during the active season
of the TIWs, TIW currents substantially modify the estimate of the surface wind stress.

Figure 3.10b shows one example from the 5-day averaged fields centered on June 23,

[7.l-[7]

2000 in the model. The spatial map of |#|
rl

demonstrates the alternating bands of

positive and negative contribution from the TIW-induced perturbation currents. During
this particular period, the effect of TIW currents on the surface stress can be +25-30%.

Considering the alternating phases of the waves, the peak-to-trough difference is perhaps

[7.l-[7]

even larger. The higher |#|
rl

ratio (<-40%) near the coast suggests that mesoscale

current variability associated with oceanic ring formation in the north Brazil Current
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(Johns et al. 1998) can be of substantial importance to the surface stress estimation in this
region.

A large influence of the perturbation ocean current on the surface stress
estimation implies a potential problem in those numerical ocean modeling studies where
the QuikSCAT-derived wind stress product is prescribed at the sea surface. In reality and
in the SCOAR model, TIWs induce intraseasonal variability in the atmospheric wind
field, whereas in OGCMs forced with high-frequency wind fields, TIWs occur with
random phase and will in general be mismatched with specified local surface winds. The
large alteration of surface stress by the TIW currents suggests that, in these forced
models, the estimation of surface stress may be significantly misestimated, leading to a

possible source of error associated with this coupled feedback.

3.3.3. Implication of TIW-Induced Latent Heat Flux on SST

Observational studies have revealed a negative impact from the perturbation
surface heat flux on the evolving SST of TIWs. Deser et al. (1993) found a correlation
between SST and stratocumulus cloudiness, where increased cloudiness over warm SST
reduces incoming solar radiation flux, thus cooling the SST. Numerous investigators
(e.g., Thum et al. 2002; Liu et al. 2000; Zhang and McPhaden 1995) have shown that
increased latent and sensible heat flux is found over the warm phase of TIWs due to
strong coupling between SST and winds, which dampens the growth of the TIWs. Here
we examine how the perturbation latent heat flux generated by TIWs compares with
zonal mean latent heat flux, i.e., the rectifying effect from perturbation heat flux to the

mean SST.
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In the bulk parameterization (Fairall et al. 1996), latent heat flux (LH) can be

written as

LH=pLC,U(Aq), (5

where p is air density of air, L is the latent heat of vaporization of water, C;, is the bulk
exchange coefficient, U is wind speed, and Agq is difference between specific humidity of
air and the saturation specific humidity at the temperature of the ocean surface. Thus LH

is proportional to the product of U and Aq. Reynolds averaging yields

LH = pLC,,(UAq + U'Ag), (6)

where the bar denotes the 10° longitude running mean, and the primes denote the
deviations from the zonal running mean. Thus zonally averaged latent heat flux in the
equatorial ocean is determined both from the zonal mean and the deviation of the product
of wind and humidity differences. Figure 3.11 shows a 6-year time series of mean and
deviation component of latent heat flux at the representative region of 2°N averaged over
30°W-10°W. The time-average of the mean latent heat flux at this latitude is roughly -
150 W m™. The deviation can reach ~1-2 % of the mean, but is generally small compared
to the mean. This implies that rectification from the perturbation latent heat flux onto the

heat budget in the equatorial ocean is close to zero.
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Zhang and McPhaden (1995) found that a 1°K change in SST due to TIWs creates
a latent heat flux anomaly of ~50 W m? in the eastern Pacific Ocean. Seo et al. (2007)
found comparable values for perturbations of latent heat flux (34 W m2 [1°K SST]") in
their eastern Pacific TIW model. The current model agrees with these estimates in the
eastern Pacific and generates approximately 25 W m? changes in latent heat flux due to
the 1°K change in TIW-SST (not shown). Thum et al. (2002) demonstrate from a simple
calculation that this amount of anomaly in latent heat flux would produce ~0.5°C cooling
of warm water, indicating a negative feedback to the TIW-SST. The present analysis of
latent heat flux reveals, however, that if these alternating positive and negative latent heat
flux anomalies are averaged over the TIW period, a zonal cancellation makes the net
contribution from the perturbations small compared to the mean contribution.

It should be emphasized that the TIWs do potentially rectify lower-frequency
coupled variability through their contribution to the large-scale SST gradients (Jochum
and Murtugudde 2006). Accumulation of small annual mean perturbation heat and
momentum fluxes could be important for the long-term climatic bias in SSTs and the
equatorial current system in the tropical Atlantic Ocean (JMB). This low-frequency
rectification must be revisited in much longer coupled simulations, but the focus here is

on the rectification by the high-frequency atmospheric response to TIW-induced SST.

3.4 Summary and Discussion
Ocean-atmosphere covariability arising in the presence of tropical instability
waves was examined using a regionally coupled high-resolution climate model in the

tropical Atlantic Ocean. One of the goals of the present study was to study the impact of
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atmospheric wind response on the TIWs. Two mechanisms by which atmospheric wind
fields feed back on to TIWs are a direct exchange of momentum and through a
modification of wind stress curl.

The perturbations in wind field are generated by undulating SST fronts of TIWs,
which also produce perturbation surface currents. It was shown that these wind
perturbations and TIW-induced currents are negatively correlated over the TIW region.
Thus the perturbation surface winds are in the opposite direction to the surface currents,
which slows down the TIW-currents. In the EKE equation of the TIWs, this effect is a
sink. At 2°N, this energy sink amounts to ~40% of the barotropic conversion rate, which
is the most dominant EKE source to the TIWs (JMB). If averaged over the TIW region
(2°S-5°N), the wind contribution is roughly 10% of the barotropic conversion term.

Perturbations in wind stress curl are generated due to the TIW-induced SST
gradient (Chelton et al. 2001). This wind stress curl generates perturbation Ekman
pumping over the TIWs. Spall (2007) showed that Ekman pumping damps the baroclinic
instability in the ocean in the presence of southerly background wind. However, the
present results suggest that in the case of Atlantic TIWs Ekman pumping variability is
negligible compared to the dynamically induced variability of upwelling. Thus, TIW
induced wind curl variations would not significantly modify baroclinic instability
processes.

Furthermore, Ekman currents forced by the TIW-induced wind stress anomalies
are many orders of magnitude smaller than the TIW currents (not shown). Thus their
impact on the temperature will be negligible. This indicates that the variability of SST

altered by already negligible TIW-induced Ekman currents is not important.
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Overall, the atmosphere reduces the growth of TIWs by adjusting its wind
variability according to the underlying TIW SST field. This result corroborates the
previous idealized modeling study by Pezzi et al. (2004), who implicitly includes these
two atmospheric feedback mechanisms in their wind stress parameterization.

In addition, the effect of surface currents on wind stress magnitude is discussed.
Over the large area across the equator in the Tropical Atlantic Ocean, the ocean currents,
including mean and TIWs, reduce surface wind stress estimates, with the maximum
effects of 20% at 2°N, 20°W. This is because the westward South Equatorial Current is in
the same direction as the large-scale atmospheric easterly flow (Pacanowski 1987).

In the annual mean, TIW-currents only marginally rectify to affect the wind stress
estimates due to the oscillatory cancellation. However, at any time during the active TIW
season, they can alter the local wind stress estimate by *25-30% depending on the phase
of the waves. Alternating phases of waves indicates that the peak-to-trough difference of
surface stress may be even larger. This implies a potential for not only generating low-
frequency rectification but will also generate a mismatch between the TIWs simulated in
forced ocean models with prescribed observed QuikSCAT wind stresses. The
inconsistency between these TIWs and the specified wind forcing when they are in the
wrong phase may induce a spurious damping or strengthening of TIWs through the
aforementioned coupling of the ocean current and the wind stress.

In such forced model simulations with the observed large-scale QuikSCAT wind
forcing, one way to include the effect of coupling of wind and current would be to add, in
the prescribed large-scale QuikSCAT forcing, spatially (and/or temporally) high-pass

filtered wind fields that are regressed on to the model’s SST anomalies by TIWs. A test
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of this method would be to compare such forced ocean simulations with fully coupled
simulations (such as with the SCOAR model). The results will provide a quantitative
estimation of potential impact of mismatch between the specified wind stress forcing and
the model’s TIWs.

Finally, the rectification effect of perturbations on the atmosphere due to TIWs is
examined in terms of latent heat flux. A Reynolds averaging of the latent heat flux
equation showed that zonal canceling of perturbation terms of wind speed and humidity
differences gives rise to only a 1-2 % difference in latent heat flux compared to its mean
contribution. This implies that, although negative feedback from heat flux response may
be large at any given phase of SST, when integrated over TIW periods the perturbation
heat flux will not significantly feed back on to the zonal mean heat budget of the Atlantic
Ocean.

Although our results suggest that TIW-induced latent heat flux does not rectify
the mean SST on the short-time scales, the TIWs still can operate over the larger-scale
SST gradient to modulate the horizontal and vertical temperature advection that involves
ocean-atmosphere heat and momentum exchanges (Jochum et al. 2006, Jochum et al.
2007). Moreover, there are studies that suggest a link between the interannual variability
of the TIWs and the asymmetry of ENSO (e.g., Yu and Liu 2003). Long-term
accumulation of small annual mean perturbation heat and momentum fluxes may be
important for the longer-term climatic bias in SSTs and the currents in the tropical
Atlantic Ocean. The potential low-frequency rectification of these apparently small
feedbacks can be better quantified in much longer simulations of the coupled high-

resolution model which we are currently carrying out and will report elsewhere. This
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study is the first of its kind in addressing TIW feedback processes from a high-resolution

full-physics coupled model.
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Figure 3.1 Three-day averaged SST and 10-m winds centered on September 2, 1999 (a)
in the model and (b) from the satellite of Tropical Rainfall Measuring Mission (TRMM)
Microwave Imager (TMI) Tropical instability waves (TIWs) and the QuikSCAT
scatterometers. The TIWs are shown as undulations of the SST front near the equator.
The TRMM SST and the QuikSCAT wind vectors are re-gridded to the model grid in (a).

The vectors are shown on every 10 (5) grid points in x (y).
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Figure 3.2 (a) Six-year model mean (1999-2004) zonal current along 23°W. The
westward south equatorial current is shown by dashed contour lines. Zero values are
shown in thick contours. The core of the equatorial under current is located at 150 m
depth. The Tsuchiya jets are shown as the eastward subsurface currents centered at 5°N
and 5°S. (b) Near-surface model eddy kinetic energy (EKE) computed by EKE = (u” +
v*#)/2, where u’ and v’ are zonally highpass filtered surface currents. Maximum EKE is

located north of the equator, along the core of the TIWs.
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Figure 3.3 Three-day averaged model SST fields centered on September 26, 2000, with

(a) the vectors of model surface current (m s™) and (b) the vectors of model wind stress
(N m™). The vectors are shown on every 5 (2) grid points in x (y).



75

(a) Mer1d1onal Wind stress and Current m < 0.0LN m®
5N' LTI I : vy ¥!I MAdAA A j Feeevy i
II egyr ¥, =antts : 3 : t
4NT ” IIIﬂuv; . OI 1113 24/ III: ILITS (2 b *E“ \ oo
SRR Bl K T ¢
""!NIIIIIN“‘ t""'.3n3 VItttttttt ¢ IN'-?‘.!,’QQEO" 0
N7 ue_nttt;i" saaansdittls vrYssetety v §3 mesnpppttttrttty 0.6
INA v'-m:m'uw-- v oo prpttttetey see  wevatttTitteey B
g T (OETTETRSEse  TILIITNe e SRR oot RAte oo oo
e v (0T CUCREER. enrgpegres o 0
18 " : nnn.'u ; st PPt —a ; 0.2
30W 28W 26W 24W ZZW 20W 18W 16W 14W o1
(b) Zonal: Wind stress and Current ot
5N - -b 0' ‘, Q:' . «‘ - - '- : 470v2
: = ::: « o - : :; - * » :: 5 0.3
AN ST . SR - oma L 2L E - 4 0
b~ e W e D =y . Sl 0.4
N oSl N P s - -05
o EEEEZESI:C@E-CEs. L.
Ae pa i D e . B = O -07
m-:;::::;:'f:;:::: =g “*2x N
k- ot A = ::;1: N
EQ1 : : s TSN B 2 '
»: : - : » : «' - . - .‘ > : - -
1§45 " e -t =2, —
30W 28W 26W 24W 22W 20w 18W 16W 14W

Figure 3.4 Three-day averaged (centered on October 22, 2000) and highpass filtered
model SST (color shaded), overlaid with highpass filtered model surface current (green
vectors) and model wind stress (black vectors) in (a) the meridional and (b) zonal

component.
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Figure 3.5 Schematic representation of the relationship between wind stress and surface
current over TIW-SST. Warm (cold) TIW-SST is shown as light yellow (blue) ovals.
Black (green) vectors are perturbation wind stress (surface current). Background wind
fields are shown as thick gray vectors.
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current over tropical Atlantic Ocean in (a) meridional direction and (b) zonal direction.



78

win:d—curérent ;coupling

5 6 ® B 5 EQ IN 2N 3N 4N 5N
Figure 3.7 Zonal average (30°W-10°W) of 6-year model mean (dashed line) barotropic
conversion rate of the zonal flow, -p,(uvU,) averaged over 150 m, ie,
sfc

% f (—=p,u'v'U,)dz, where d is the depth of the center of EUC (150 m). (Solid line) Time
d
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component of 4 f (11, *T.)dz is shown by the light solid line with x (o).
d



79

(a) w' at 2N (b) w.' at 2N

DEC2001 . - oY
U
NOV2001 'u, :

0CT2001

SEP2001

AUG2001

JUL2001

JUN2001 4

[ | | —
-125 -100 -75 -50 -25 25 50 75 100 125

=120+ T v T T T
1999 2000 2001 2002 2003 2004 2005

Figure 3.8 Hovmoller diagrams of (a) the model perturbation vertical velocity, w’, from
baroclinic convergent rate term (-go‘w’) and (b) the model Ekman pumping velocity, w,’,
at 2°N from mid-May 2000 to January 2001. (c) Times series of w’ (solid) and w, " (line
with o) at 30°W, 2°N. Note the different color scales in (a) and (b). Time axis of (a) and
(b) denotes January of the year. w’is evaluated at the base of the mixed layer (~40-50 m).
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Figure 3.9 Six-year time series of model surface wind stress magnitudes computed for the

different scenarios at 2°N averaged over 20°W and 15°W. (a) t, = pC,|u, - u,|(u, —u,),
b |-t . where %,=pC,lifi, , and (¢c) |- , where

ﬁa
(u, —u ). u, is the atmospheric wind velocity, u, is the

o

T, =pCd‘ua -u

o_lowpass o_lowpass

ocean surface current velocity (mean + TIWSs), u is low-passed surface current

o_lowpass
velocity. High-pass filtered (TIW) surface current speed (m s™') is shown in (d). The
correlation coefficient of the TIW current speed with |17,| - |T,'3| in (c) is -0.8. See text for

details.
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Figure 3.11 Six-year time series of (a) pLC,UAq and (b) pLC,U'Aq" at 2°N averaged

over 30°W-10°W in the model. Similar results are found for different areas.



Chapter 4

Effect of Ocean Mesoscale Variability on the Mean State of

Tropical Atlantic Climate

Abstract

A regional coupled ocean-atmospheric model is used to investigate the effect of
oceanic mesoscale features on the mean climate of the tropical Atlantic. It is shown that,
compared to a non-eddy resolving ocean model, resolving oceanic mesoscale variability
leads to a cooler mean equatorial cold tongue and a cooler coastal upwelling zone. This
changes the meridional SST gradient, and the resulting weaker low-level convergence
reduces the mean of rainfall in the marine Inter-Tropical Convergence Zone (ITCZ). The
reduced rainfall and the cooler coastal upwelling regions represent a clear improvement

of the model solution.

4.1 Introduction

The seasonal cycle of the marine Inter-Tropical Convergence Zone (ITCZ) in the
tropical Atlantic (TA) Ocean is associated with seasonal sea surface temperature (SST)
variability (Nobre and Shukla 1996). Chiang et al. (2002) discuss the nature of the TA
ITCZ, suggesting that the two dominant mechanisms influencing variability of the ITCZ
are the local meridional SST gradient and external forcing from ENSO.

While the equatorial upwelling maintains the asymmetric positioning of the ITCZ

83
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most of the year (Xie 2004), in boreal spring the meridional SST gradient is extremely
weak which facilitates anomalous latitudinal positioning of the ITCZ. Thus it has been
argued that a substantial improvement of seasonal rainfall forecast will be achieved if
SST distribution in the TA could be predicted (Nobre and Shukla 1996; Ward and Fol-
land 1991). Unfortunately, most global coupled models fail to reproduce observed SST
patterns in the TA, generally exhibiting a warm bias in the coastal upwelling region and
incorrect seasonal cycles (Davey et al. 2002).

Jochum et al. (2005, 2004) argue that, because of their impact on the SST
gradients, resolving mesoscale structures of the ocean such as Tropical Instability Waves
(TIWs) and details of coastal upwelling along the African coast should improve
simulations of TA SST. They show that in a forced ocean model the SSTs improve by
going to an eddy-resolving model. A caveat of their study is that the winds were
prescribed and did not adjust to this changed SST distribution. Thus, the benefits of
increasing the resolution could be either lost or amplified in a coupled model.

The present study is a follow up study to the work of Jochum et al. (2005) and
simply tries to see if the improvements of the forced experiments are maintained in the
coupled experiments. The main benefits (for SSTs) of increasing the resolution were that
because of lower horizontal diffusion, higher, more realistic SST gradients could be
maintained. The present short note illustrates that this is still the case in the coupled

model and leads to improvements in the rainfall.

4.2 Model and experiment setup

The model used for this study is the Scripps Coupled Ocean-Atmospheric
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Regional (SCOAR) model. It couples the Regional Spectral Model (RSM) for the
atmosphere to the Regional Ocean Modeling System (ROMS) for the ocean. The model
has already been shown to be capable of capturing the salient features of coupled ocean-
atmosphere feedback in several regions of the eastern Pacific, including TIWs in the
tropical Pacific (Seo et al. 2007).

RSM is a regional extension to the Global Spectral Model (GSM) used in the
National Centers for Environmental Prediction (NCEP) / Department of Energy (DOE)
Reanalysis (Kanamitsu et al. 2002b). It is thus dynamically and physically consistent with
Reanalysis products, which are used for large-scale forcing to produce downscaled fields.
The parameterization for deep convection is based on Relaxed Arakawa-Schubert scheme
(Arakawa and Schubert 1974; Moorthi and Suarez 1992). Further details about the model
physics can be found in Kanamitsu et al. (2002a).

ROMS solves the incompressible and hydrostatic primitive equations with a free
surface on horizontal curvilinear coordinates, and utilizes stretched general sigma
coordinates in order to enhance vertical resolution near the sea surface and bathymetry. In
this study, we use 30 vertical sigma layers, with approximately 10 layers in the upper 100
m in the open ocean, and 20 layers below. Implicit diffusivity associated with 3rd-order
upstream horizontal advection is used in the lateral plane as opposed to explicit
diffusivity. Mixed layer dynamics are parameterized using a KPP scheme (Large et al.
1994), with vertical mixing coefficient of 10° m* s (see Shchepetkin and McWilliams
(2005) for details).

The flux coupler (Seo et al. 2007) employs linear horizontal interpolations of
surface flux fields (momentum, heat, and freshwater flux) from RSM to ROMS and SST

fields from ROMS to RSM. The atmospheric boundary layer is based on bulk
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parameterization of Fairall et al. (1996), which is implemented in ROMS. In the bulk
formula, the relative motion between surface winds and surface currents are calculated
for better representation of wind stress near the equator.

In this study, two coupled experiments are designed to isolate the impact of the
oceanic mesoscale on TA climate. In the first run (hereafter L), both RSM and ROMS
use low (1°) horizontal resolution. Therefore L does not resolve mesoscale features of the
TA Ocean. In the second run (hereafter H), horizontal resolution of RSM remains 1°, but
high (4°) resolution is used for ROMS. Since the two experiments are identical except
for their horizontal resolutions for ROMS, the differences between H and L represent the
difference between mesoscale eddies in H and horizontal diffusion in L.

ROMS is first spun up for 8 years forced with climatological atmospheric forcing
obtained from COADS (da Silva et al. 1994), and initial and boundary conditions from
World Ocean Atlas 2001 (Conkright et al. 2002). The end state from the forced ocean run
is used as an initial condition for the coupled runs. The large-scale (low wavenumber)
atmospheric components specified from NCEP for the period 1998-2004 are used as
realistic forcing (downscaling). H and L are further spun up in coupled mode for 1-year
of 1998 to allow for surface adjustment processes. Solutions from 1999 to 2004 (6 years)

are analyzed in this study.

4.3 Results

Figures 4.1-4.3 show that both H and L are reasonably realistic representations of
the TA. This is different from the results usually found in global coupled models, which
have a reversed east-west SST gradient (Davey et al. 2002). A related global modeling

study with a localized ocean-atmosphere coupling in the Atlantic also suggests that
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regional coupling leads to a more realistic zonal SST gradient both at the equator and
south of it, although systematic SST errors similar to those found here are still present
(Huang et al. 2004). Thus, both the H and L solutions are controlled by the low-
wavenumber components of the flow specified by the NCEP Reanalysis downscaling
procedure. From this it can be speculated that the TA Ocean dynamics may only be of
minor importance for TA climate. This reflects the fact that the Atlantic basin is
relatively small compared to the tropical atmospheric Rossby radius. However, in spite of
the close resemblance of the H and L solutions there are important differences, as
discussed below.

Figure 4.1 shows that resolving mesoscale features in the ocean results in
different SST patterns that are the most distinct near the equator and African coastal
upwelling region. H is colder than L in both regions, with the greatest difference of 0.6°C
in the upwelling zone of the African coast. Given that most global coupled models
produce a too weak SST-gradient and too warm coastal upwelling (Mechoso et al. 1995;
Davey et al. 2002), this result is a major improvement and attests to the importance of the
ocean mesoscale in the coupled models for more realistic SSTs in upwelling regions. The
larger SST gradients in H, and the resulting colder equatorial cold tongue (ECT) and
upwelling have been explained for a forced ocean in Jochum et al. (2005). They showed
that by resolving the mesoscale eddies in the ocean, one removes the spurious horizontal
diffusion of heat from the warm subtropical warmpool to the cold equator, and this
increases the SST gradient and thus makes the ECT and coasts colder and the warmpool
warmer. Consistent with their analysis, the subtropics are warmer in H. It is a major result
of the present study that these results from the forced model still hold true in the coupled

model. The resulting changes in tropical SST affect the trade winds and rainfall as
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discussed below.

Changes in near-surface atmospheric winds (Figure 4.2) are directly connected to
the underlying SST gradient by changing the meridional sea-level pressure gradient (not
shown) (Lindzen and Nigam 1987). The meridional wind difference map shows that low-
level wind convergence is weaker in H in the ITCZ, leading to less rain there (Figure
4.3). Between the equator and 5°N mean rainfall is reduced by up to 20% and in the
subtropics of both the northern (5°N - 20°N) and southern (5°S - 20°S) hemispheres, H
increases precipitation by approximately 10%. Increases in mean rainfall in the subtropics
are roughly compensated by the deficit in the ITCZ, resulting in mean rainfall over the
entire basin from 20°S to 20°N remaining roughly the same (difference in rainfall from
20°S to 20°N is only -0.0373mm day™'). Thus changes in SST gradient associated with
better-resolved oceanic eddies cause a basin-scale rearrangement of mean rainfall
patterns across the equator. A comparison with the NCEP Reanalysis (Figure 4.3c,d)
shows that model-mean rainfall of H in the marine ITCZ, especially east of 35°W is
reduced compared to L and in better agreement with the observations. Therefore we
argue that there is a significant improvement in the precipitation simulation over the open
ocean by going from L to H. Such changes in rainfall are consistent with those in winds,
but the changes in the winds are not large enough (<5%) to judge whether they improved
or not. Over land, the differences between the present model’s and NCEP's land-sea mask

and topography render judgments on improvement moot.

4.4 Summary and discussion

A regional coupled model has been used to examine if resolving the oceanic

mesoscale field is important in determining the mean climate in the TA. It was found,
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somewhat surprisingly to the authors, that the TA climate is largely controlled by the
large-scale atmospheric background circulation specified in the model from Reanalysis
fields and that TA Ocean dynamics is only of minor importance in most of the domain.
However, resolving the oceanic mesoscale results in colder and more realistic coastal
upwelling regions along the coast of Africa and in a colder ECT. As already explained by
Jochum et al. (2005) for the ECT in a forced ocean model, the reason for colder ECT and
upwelling regions is that increasing horizontal resolution in the ocean model removes a
spurious horizontal diffusion of heat from the warm subtropical warmpool to the ECT
and coastal waters.

A direct effect of the increased SST gradient is a reduced low-level convergence
along the ITCZ. It is found that H precipitation is suppressed in the marine ITCZ by 20%
with similarly sized increases in precipitation statistics in the subtropics, indicating a
basin-scale redistribution of mean rainfall patterns. Comparing with the observations
(diagnosed from the NCEP Reanalysis), we conclude that by increasing the horizontal
resolution in the ocean model, the rainfall simulation over the open ocean is improved. It
should be noted that the precipitation differences between H and L are small (<1 mm day
") compared to the ranges in estimates of the available observations: annual mean
precipitation is ~4 mm day”' from Reanalysis fields, ~7 mm day” from CPC merged

Analysis of Precipitation (CMAP) (Xie and Arkin 1997), and ~6 mm day™ from satellite

measurement of Tropical Rainfall Measuring Mission (TRMM). We chose to compare
the model with the NCEP fields, because they are consistent with the prescribed large-
scale atmosphere and the physics of the RSM (Kanamitsu et al. 2002a).

Due to the short length of the analyzed runs (6 years), we limit the current

analysis to the changes in mean structure of winds and ITCZ arising from resolving
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oceanic mesoscale features. However, we can speculate that any changes in SST are
likely to affect not only the mean but also the variability of the marine ITCZ. The nature
of the altered atmospheric variability by SST changes in the TA will need be addressed
with longer-term runs, which are currently under way.

The horizontal resolution of the atmospheric model used in this study is not much
finer than that of most global coupled atmospheric models and therefore the atmosphere
does not experience the full effects of oceanic mesoscale features. To quantify the
importance of the atmosphere resolving oceanic mesoscale features we plan to use the
RSM in %° resolution. This allows for a synchronous coupled feedback arising from
ocean mesoscale eddies through the localized wind adjustment and corresponding
advection of heat and moisture [as observed by Chelton et al. (2001) and Hashizume et al.
(2001) and modeled recently by Small et al. (2003) and Seo et al. (2007)], which is
absent in the current model study. This will be the next step in our modeling strategy
toward a better understanding of the mean and variability of TA climate as a result of

resolving the ocean mesoscale in the TA Ocean.
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Figure 4.1. Mean SST (°C) from 1999 to 2004, (a) H, (b) H-L, and (c) observed SST
from Tropical Rainfall Measuring Mission Microwave Image (TMI) (OBS), and (d) H-
OBS. H SST is colder by up to 0.6°C in the equatorial cold tongue and African coastal
upwelling region, while warmer in the extratropics.
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Figure 4.2. Same as Figure 4.1, except for 10 m wind speed (m s™) and vectors. OBS is
the observed wind from NCEP Reanalysis. Difference in wind near the equator shows
that wind-convergence is weaker in H, thus weaker ITCZ.
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Figure 4.3. Same as Figure 4.1, except for precipitations (mm day™). OBS is the observed
precipitation from NCEP Reanalysis. Rainfall deficit in H near the equator amounts to
nearly 20% compared to its mean. Comparing with the observations, rainfall simulation is
improved in H over open ocean.



Chapter 5

Precipitation from African Easterly Waves in a Coupled Model

of the Tropical Atlantic Ocean

Abstract

A regional coupled climate model is configured for the tropical Atlantic to
explore the role of synoptic-scale African Easterly Waves (AEWSs) on the simulation of
mean precipitation in the marine Inter-Tropical Convergence Zone (ITCZ). Sensitivity
tests with varying atmospheric resolution in the coupled model show that these easterly
waves are well represented with comparable amplitudes on both fine and coarse grids of
the atmospheric model. Significant differences in the model simulations are found in the
precipitation fields however, where heavy rainfall events occur in the region of strong
cyclonic shear of the easterly waves only on the higher resolution grid. This is because
the low-level convergence due to the waves is much larger and more realistic in the fine-
resolution simulation, which enables heavier precipitation events that skew the rainfall
distributions towards longer tails. The variability in rainfall on these time scales accounts
for more than 60-70% of the total variability. As a result, the simulation of mean rainfall
in the ITCZ and its seasonal migration improves in the higher-resolution case. This
suggests that capturing these transient waves and the resultant strong low-level
convergence is one of the key ingredients for improving the simulation of precipitation in

global coupled climate models.
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5.1 Introduction
Understanding the variability of the Inter-Tropical Convergence Zone (ITCZ) is a
major component of the study of the tropical Atlantic climate system (Xie and Carton
2004). The ITCZ exhibits strong seasonal variability, reaching its maximum northward
position (7°N-9°N) in August-September, and migrating to its southernmost location near
the equator (3°N-4°S) in February-April (Chiang et al., 2002). Boreal spring is the season
when the ITCZ displays its strongest interannual variability, when the ITCZ can be
positioned on either side of the equator due to the weak meridional sea surface
temperature (SST) gradient (Chiang et al. 2002). The anomalous rainfall associated with
the variable location and strength of the ITCZ can impose devastating environmental and
socioeconomic consequences on the heavily populated regions in northeast Brazil and
western Africa (Hastenrath and Heller 1977; Folland et al. 1986; Palmer 1986; Nobre and
Shukla 1996).
Although the variability in the ITCZ and the SST in this region can be explained
to some extent in terms of the interannual and longer-timescale variability (Zebiak 1993;
Nobre and Shukla 1996) in combination with remote forcing from the El Nifio-Southern
Oscillation (ENSO) through teleconnection mechanisms (Enfield and Mayer 1997,
Saravanan and Chang 2000), there is no mode of variability stronger than the seasonal
cycle in the tropical Atlantic Ocean (Xie and Carton 2004). Furthermore, Davey et al.
(2002) reported that most of the state-of-the-art global coupled general circulation models
(GCMs) commonly exhibit large biases in the mean climate of tropical regions,

particularly in the Atlantic. This indicates that the key processes that determine the mean
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and annual cycle of the tropical Atlantic climate are still not yet fully understood (Xie
and Carton 2004).

The present study focuses on simulating the mean ITCZ in a coupled climate
model and sheds light on the importance of synoptic-scale atmospheric processes. The
connection of this transient atmospheric feature to the precipitation over northern Africa
and the tropical Atlantic Ocean has been extensively studied (Thorncroft et al. 2003 and
the references therein). The low-level positive meridional potential temperature gradient
and the negative mid-tropospheric meridional potential vorticity gradient during the
summertime indicate the existence of the African easterly Jet (AEJ) (Pytharoulis and
Thorncroft 1999). The instability process associated with the baroclinic interaction of
these potential temperature and potential vorticity gradients is conducive to the
generation of synoptic-scale weather disturbances called African Easterly Waves (AEWs)
(Rennick 1976; Reed et al. 1977). Hsieh and Cook (2005) also have pointed out the
importance of cumulus convection and the associated release of latent heat within the
ITCZ over the African continent in the generation of these atmospheric disturbances. The
early analyses of AEWs have revealed the characteristics of these summertime
atmospheric disturbances, which have phase speeds of 6-8 m s™' westward with periods of
3-5 days (Carlson 1969; Burpee 1972). These waves contribute to the organized
convection (Mekonnen et al. 2006) including mesoscale convective systems (Payne and
McGarry 1977), and daily precipitation over western Africa (e.g., Frank 1970; Thorncroft
and Hodges 2001; Gu et al. 2004). More importantly, they give birth to tropical cyclones
over the Atlantic Ocean (Landsea et al. 1998) and modulate their evolution and

movement (Peng et al. 2006). Indeed, Thorncroft and Hodges (2001) have shown a
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positive correlation between the AEW activity and Atlantic tropical cyclone activity,
suggesting that hurricane activity may be influenced by the number of the AEWs leaving
the west coast of Africa (see also Avila and Pasch 1992).

In this paper, we examine the effect of these synoptic-scale easterly waves on
larger-scale precipitation of the marine ITCZ in two regional coupled model simulations
with different atmospheric resolution. We explore how resolution affects the model’s
ability to capture the horizontal shear and low-level convergence of winds associated
with the AEWs, and thus convection and precipitation processes. Analyses reveal that the
amplitude of these waves is well simulated on both the coarse (1°) and fine (%4°)
atmospheric grids. The cyclonic shear of the wind associated with waves on the finer grid,
however, yields stronger near-surface convergence, triggers convection, and thus
produces more intense precipitation. The rainfall variability associated with the easterly
waves accounts for a significant fraction (>60-70%) of the total simulated variance in the
marine ITCZ. As a result, simulation of the mean ITCZ improves and the seasonal
phasing becomes more realistic.

The paper is organized as follows: in section 5.2, the description of the models
and experimental designs are presented. In section 5.3, the sensitivity of the AEW-
induced atmospheric convergence and precipitation due to model resolution is examined.
In section 5.4, we discuss the impacts on the larger-scale mean climate in the model.

Conclusions and discussion follow in section 5.5.
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5.2 Models and Experiment Setup

The coupled model used for the present study is the Scripps Coupled Ocean-
Atmospheric Regional (SCOAR) model (Seo et al. 2007). It combines two well-known,
state-of-the-art regional atmosphere and ocean models using a flux-SST coupling
strategy. The atmospheric model is the Experimental Climate Prediction Center (ECPC)
Regional Spectral Model (RSM) and the ocean model is the Regional Ocean Modeling
System (ROMS).

The RSM, originally developed at the National Centers for Environmental
Prediction (NCEP) is described in Juang and Kanamitsu (1994) and Juang et al. (1997).
The code was later updated with greater flexibility and much higher efficiency
(Kanamitsu et al. 2005). Briefly, it is a limited-area primitive equation atmospheric
model with a perturbation method in spectral computation, and utilizes a terrain-
following sigma coordinate system (28 levels). The model physics are same as NCEP
global seasonal forecast model (Kanamitsu et al. 2002a) and NCEP/ National Center for
Atmospheric Research (NCAR) Reanalysis model (Kalnay et al. 1996) except for the
parameterization of convection and radiative processes. The parameterization for
atmospheric deep convection in the current version of the RSM used in this study is
based on Relaxed Arakawa-Schubert scheme (Arakawa and Schubert 1974; Moorthi and
Suarez 1992).

The ROMS solves the incompressible and hydrostatic primitive equations with a
free surface on horizontal curvilinear coordinates and utilizes stretched generalized sigma

coordinates in order to enhance vertical resolution near the sea surface and bathymetry.
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The details of the model can be found in Haidvogel et al. (2000) and Shchepetkin and
McWilliams (2005).

A flux-SST coupler bridges the atmospheric (RSM) and ocean (ROMS) models.
The coupler works in a sequential fashion; the RSM and ROMS take turns integrating
while exchanging forcing every 24 hr. The interacting boundary layer between RSM and
ROMS is based on the bulk formula for surface fluxes of momentum, and sensible and
latent heat adapted from the algorithm of Fairall et al. (1996). Since the grids of the
atmosphere and ocean models differ, a simple linear interpolation is used to map the SST
and ocean currents to the atmospheric physical-space grid and the resultant fluxes to the
ocean grid. Care must taken in choosing the land-sea mask near the coasts because the
atmospheric model is spectral and Gibbs’ phenomenon can result in unphysical structures
in the surface flux forcing fields over the oceanic grid points adjacent to the coast. In
each domain, the land-sea mask must be qualitatively optimized to reduce this effect of
the mismatch between spectral-atmospheric and physical-space-oceanic models.

The low-wavenumber atmospheric flows from NCEP/Department of Energy
(DOE) Reanalysis II (Kanamitsu et al. 2002b, hereafter RA2) are specified as a base field
over the regional domain of the RSM. The RA2 is available in T62 spectral resolution on
a global Gaussian latitude-longitude grid, at roughly 200 km grid size in the tropics.
However, the effective resolution in the global spectral analysis is coarser than this
estimated grid size, since one needs 5-6 grid points to accurately represent the smallest
wavenumber in the global spectral model (Pielke 1991; Laprise 1992). Thus, wavelengths
from circumglobal to 1000 km are well resolved in the original RA2 model. For

downscaling purposes, Kanamaru and Kanamitsu (2007) designed a scale-selective bias
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correction (SSBC) to reduce the tendency of wavenumbers longer than 1000 km to drift
from the prescribed original RA2 large-scale fields that drive the regional response in
RSM. This procedure is invoked in SCOAR, which encourages the large-scale
components of AEW events to be similar for both coarse (e.g., RA2) and higher
resolution (e.g., SCOAR) grids.

The AEWs discussed in this study have a typical wavelength of 2500 km (Reed et
al. 1977) and thus, in SCOAR, they should resemble the waves in the base field from
RA2. However, it should be noted that these waves are also substantially influenced by
many processes such as meridional temperature gradient, soil moisture content,
monsoonal processes, and the resolved orography (Cook 1999; Mekonnen et al. 2006),
which can be modulated differently depending on the SCOAR resolution and its
downscaling procedure. Therefore, the differences in the details of these waves in the
SCOAR simulations shown in the later sections are, by the experimental design, largely
due to changes in SCOAR model resolution.

Here we compare two SCOAR model simulations, where the atmospheric
resolution is changed in a domain that covers the tropical Atlantic basin from 30°S to
30°N and from 70°W to 20°E, including eastern Brazil and western Africa. In the HL
(High ocean-Low atmosphere) simulation, %° resolution is used for the ocean, but low
resolution (1°) is used for the atmosphere. In HH (High ocean-High atmosphere), both
the ocean and atmospheric models use %° resolution. Hence the only major difference in
HL and HH is the horizontal resolution in the atmosphere. A minor difference in the two
cases is in the altered land-sea mask linking the ocean and atmospheric models. The

physical space fields of the atmosphere must be mapped to the oceanic grid (and vice
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versa) via interpolation, which is sensitive to the details of the land-sea mask near the
coastal ocean where large gradients of atmospheric fields often occur.

In a previous study, Seo et al. (2006) used similar SCOAR configurations to show
that increasing oceanic resolution alleviates SST biases by 20%, especially in the African
upwelling regions. In that study, they compared results from HL and LL simulations,
where LL denotes low 1° resolution in both the ocean and the atmosphere. Despite the
improvement in the ocean, the simulation of the mean ITCZ was only marginally
improved, likely due to a coarse 1° horizontal resolution in the atmosphere. The present
study is an extension of Seo et al. (2006), focusing on the importance of synoptic-scale
processes in the atmosphere in altering the mean precipitation over the Atlantic Ocean.

The initialization and forcing procedures for both cases are as follows. The
ROMS ocean was first spun up for 8 years with climatological atmospheric forcing and
climatological oceanic boundary conditions. Then the SCOAR coupled run was launched
for 7 years from 1998 to 2004 with low-wavenumber RA2 atmospheric forcing and
climatological oceanic boundary conditions. The 6-year solution from 1999 to 2004 is
analyzed in this study.

In this regional modeling framework, the remote influences on the simulated
variability of the ITCZ (Chiang et al. 2002; Xie and Carton 2004) are the same in both
SCOAR simulations. Chiang et al. (2002) show that the anomalous Walker circulation
affects the precipitation over the tropical Atlantic, while the meridional gradient in SST
determines the position of the ITCZ. Remote ENSO conditions affect both of these
processes: the former through direct atmospheric influence (Dai and Wigley 2000) and

the latter via atmospheric teleconnections, which change northern Hemisphere SST. In
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the present SCOAR model configurations the large-scale atmospheric and oceanic
forcings that drive these two mechanisms are nearly identical. But the regional variability
simulated in HH and HL for the tropical Atlantic and western Africa may be different in
each case, giving rise to differences in variability of SST and the ITCZ. For example, the
meridional SST gradient is affected by local ocean-atmosphere-land coupled variability,
independent of the remote forcing (Chang et al. 1997; Xie and Carton 2004). Local

feedback processes, such as these, are of primary interest in this study.

5.3 AEW-induced low-level convergence and precipitation: Sensitivity
to model resolution

African easterly waves are the dominant synoptic-scale weather disturbances
during boreal summer months. These waves originate in eastern Africa (Mekonnen et al.
2006; Kiladis et al. 2006; Berry and Thorncroft 2005; Burpee 1972; Carlson 1969) and
traverse the tropical Atlantic Ocean. We are interested in how AEW-induced wind-shear
and convergence lead to large precipitation events within the marine ITCZ.

In order to illustrate the summertime background environments that foster the
generation of the disturbances, Figure 5.1 compares the large-scale features between the
model simulations and the RA2 during the summertime (July-August-September). Figure
5.1a-c shows wind fields at 700 hPa (the jet level) from the model simulations and RA2
over northern Africa and the eastern Atlantic Ocean. In RA2, the core of the AEJ at this
level is identified as a maximum of the easterly wind present on the west coast of Africa

at 15°W, 15°N, where wind speed reaches 10 m s™. The width of the jet is about 10° in
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latitude and the axis of the jet extends eastward over the continent with an apparent
southward shift (Cook 1999). These observed wind structures are well reproduced in both
regional simulations, although the models produce stronger jets than RA2. The spatial
patterns of the jet are qualitatively similar in both simulations, although the jet in HH is
slightly stronger than HL at the core over western Africa. The meridional gradient of
vorticity at the jet level (Figure 5.1d-3) and the near-surface potential temperature (Figure
5.1g-h) are largely similar in HH and HL, indicating that barotropic and baroclinic
instability conditions that support the formation of the jet (Charney and Stern 1962;
Burpee 1972) are similar for both 1° and % ° atmospheric resolution. The simulated
positive 925hPa potential temperature gradient over northern Africa (Figure 5.1g-h)
compares well with RA2 (Figure 5.11) and the previous study (e.g., Pytharoulis and
Thorncroft 1999). The model relative vorticity on the 700hPa surface (Figure 5.1d-e) is
also qualitatively similar to the observed potential vorticity on the 315K isentropic
surface (Figure 4 of Pytharoulis and Thorncroft 1999), exhibiting a negative vorticity
gradient near and north of the jet and a positive vorticity gradient south of the jet.

Figure 5.2 shows the variance of summertime synoptic-scale (2-6 day) 850 hPa
meridional winds for each simulated year over the Atlantic Ocean where the variance is
large. The 2-6 day band-pass filtering to highlight the AEW-signals in meridional wind
field was previously used by Albignat and Reed (1980) and Mekonnen et al. (2006).
Except for the summer of 1999 when they are nearly equally strong, AEW variance over
the ocean is stronger in HH than in HL, with mean variance being 20% larger in the
higher resolution case. The standard deviation of the meridional winds is therefore only

slightly (~4-5%) stronger in HH than HL. An f-test indicates that the difference in
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variance in HH and HL is not statistically different (at 95% significance level). Thus both
higher and coarser resolution simulations yield statistically similar amplitudes of the
AEWs over the tropical Atlantic Ocean. The strikingly different features between the two
simulations that emerge from the similar environments associated with the waves are the
associated near-surface convergence and the precipitation, which is discussed later.

In order to investigate and compare the details of the simulated wave structure
and its propagation, Figure 5.3 presents Hovmoller diagrams of 2-6 band-pass filtered
850 hPa winds for JAS of 2003 when the difference between HH and HL was largest
(Figure 5.2). The simulated AEWs from HH (Figure 5.3a) and HL (Figure 5.3b) exhibit
wave characteristics consistent with the observed estimates by the synoptic map analysis
of Carlson (1969), the compositing study of Reed et al. (1977), and the synoptic map
analysis of Burpee (1972), all of which found typical wavelengths of 2000-4000 km,
periods of 3.2-3.5 days, and phase speeds of ~8 m s'. The simulated phase of the waves
is similar between the model simulations, and also with the observations.

These large amplitude waves propagate well beyond the eastern Atlantic,
traversing the Atlantic Ocean and reaching the Caribbean and western boundary of the
model domain. Previous studies have reported that they often propagate beyond the
Caribbean across Central America into the eastern Pacific basin (Frank 1970), where they
contribute to tropical cyclogenesis (Avila and Pasch 1992). Over the tropical Atlantic
Ocean, strong cyclonic shear of the horizontal winds associated with the large amplitude
of these waves is accompanied by localized intense precipitation (contours overlaid in
Figure 5.3a), implying a tight connection between wind shear generated by AEWs and

strong precipitation (Thorncroft and Hodges 2001). Early analyses by Frank (1970) and
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Burpee (1972) concluded that the easterly waves account for about half of the tropical
cyclones in the Atlantic Ocean. Figure 5.3a suggests that the heavy precipitation events in
this model are associated with simulated tropical cyclones, which were formed within the
environment favored by the easterly waves in the model. On the other hand, despite the
reasonably well-simulated AEWs in HL, there are few heavy precipitation events
compared to those that occur with the strong wind shear in HH (the contours of Figure
5.3b). [Note that RA2 does not assimilate precipitation (Kanamitsu et al. 2002) so that
individual precipitation events may or may not correspond to observations. ]

The heavy precipitation events in HH in the region of high cyclonic shear in the
easterly waves are closely related to the markedly enhanced near-surface convergence.
Figure 5.4 presents the same plot of meridional winds as in Figure 5.3, but overlaid with
the 2-6 day filtered convergence of the 10-m winds diagnosed from the model and RA2.
First of all, the coarse grid of RA2 leads to virtually zero near-surface convergence,
which does not allow comparison with the model results. In HH, strong convergence
occurs within the region of high-shear of easterly waves, which is in phase with the heavy
precipitation seen in Figure 5.3a. The in-phase relationship also occurs in HL, although
the estimated convergence is generally weaker, producing weaker precipitation (in Figure
5.3b).

The association among the cyclonic wind shear of the easterly waves, near-
surface convergence, and the enhanced precipitation events shown in Figures 5.3 and 5.4
can be better illustrated in the selected yet representative example in Figure 5.5. It shows
the two-day averaged fields of model rainfall, convergence of 10-m winds, and outgoing

longwave radiation (OLR) during August 31 - September 1, 2003, a period of strong
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AEW activity and intense precipitation (Figure 5.3). Note that this time period
corresponds to the development of Hurricane Fabian in observations in this region of the
tropical Atlantic as provided by the National Hurricane Center. Model tropical storms do
not necessarily follow observations closely, however, since the path and intensity of
model mesoscale disturbances are free to evolve without constraint due to dynamical
instability processes, which are sensitive to initial conditions.

During this particular period, the large wave amplitudes shown in Figure 5.3a,b
are due to tropical cyclones (or depressions) located near 50°W, 13°N and 20°W, 7°N in
HH and HL. The cyclone simulated in HH produces massive precipitation of more than
200 mm day" and is associated with a local minimum of OLR, which indicates that
precipitation occurs through a convective process. This convective precipitation in the
cyclone is in turn associated with the strong low-level convergence that exceeds 6x107 s
at the core. In HL, on the other hand, weaker convergence of less than 3x107 s causes
weaker convection and thus less rain of only 30 mm day".

Heavy rainfall exceeding 200 mm day' captured by HH is an observed
phenomenon. Lonfat et al. (2004), for example, reported that a maximum rainfall rate of
288 mm day” is observed for category 3-5 systems of hurricanes using the Tropical
Rainfall Measuring Mission (TRMM) microwave imager rain estimates. Observations of
rainfall rate measured from moored buoys agree with this as well. Figure 5.6a shows
time-series of rainfall measured at the PIRATA (Pilot Research moored Array in the
Tropical Atlantic) buoy moored at 4°N-38°W and from the model grid at the mooring site.
In both models and observations, the variability of rainfall is markedly larger than its

mean. The standard deviation (std) of rainfall in the observations is roughly 7 times
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greater than its mean, while in HH (HL), the std is 2.5 (1.7) times larger than its mean.
The strongest peak in the observations at this particular site during this period reaches
914 mm day™. Statistically, the means of HH and HL are both consistent with PIRATA,
but the variability in HH is clearly more realistic than in HL. The map of std of rainfall
(not shown) reveals that, in a large area around this mooring site, the std of HH rainfall is
greater than 25 mm day™', while HL has everywhere a std less than 10 mm day™. Thus,
the chosen mooring site is a typical location within the ITCZ where variability in rainfall
well exceeds its mean. The probability distribution functions (PDFs) of observed rainfall
(Figure 5.6b) confirms that several peaks produce extremely high precipitation in the
observations. Although HH rainfall does not display peaks as strong as in the
observations, the extreme cases shown in HH compares better with the observations. This
indicates that increasing model resolution can enhance heavy precipitation events, which
skew the rainfall distributions towards longer tails.

Biasutti et al. (2006) have shown that that most of the atmospheric general
circulation models (AGCMs) underestimate the high-frequency variability of the rainfall
within the marine ITCZ and thus exhibit a reduced range in daily precipitation there. The
observed rainfall distribution, on the other hand, extends to higher rainfall values with
shorter decorrelation time-scales (~1 day). Figure 5.6 indicates that HL resembles the
typical case of these AGCMs, while HH emulates the observed distribution of daily
precipitation.

The heavy precipitation events are closely related to the convergence fields
(Figure 5.4), which are better resolved on the higher-resolution atmospheric grid. This

relation is illustrated in Figure 5.7. It shows PDFs of convergence for the 10-m wind
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computed from the models in comparison with the estimate from the QuikSCAT winds
over 2000-2004, averaged over the ITCZ (2°N-7°N and 40°W-30°W). Both model runs
exhibit the slight skewness towards convergence as in the observations, implying large-
scale convergence within the ITCZ. Yet, convergences greater than 6x10” s are found
only in the observations and in HH. On the other hand, the convergence does not exceed
6x107 s in HL for any event during this 5-year period in this region. The propensity for
even higher convergence is observable in QuikSCAT winds, and HH is clearly better than
HL when compared with the QuikSCAT.

Easterly waves are large-scale atmospheric processes (wavelengths of 2000-4000
km) and thus, compared to the %° resolution in HH, the 1° atmospheric resolution should
be sufficient to resolve the wave activity reasonably well. Indeed, the simulated 6-year
mean variances of the wind were not statistically different. Furthermore, Figures 5.3 and
5.4 suggest that the related cyclonic wind shear is well simulated on both grids. However,
compared to the 1° grid, it rains more, and with a far more realistic distribution, on the %4°
grid. The lack of rain in HL despite the reasonably well-resolved AEWs implies that
wind convergence and subsequent convection are important processes in order to produce
a realistic mean precipitation pattern. At %4° resolution, we approach the horizontal scales
of convection and are nearly able to resolve the observed low-level convergence (Figure
5.7).

This result can be anticipated from the idealized study of Pauluis and Garner
(2006) on the impacts of the horizontal resolution on the statistics of the atmospheric
convection. They demonstrate a close connection between the horizontal resolution of the

cloud resolving model and the statistical properties of the deep convective towers. They
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find a significant improvement in the simulation of vertical velocity and convection (and
thus perhaps the low-level convergence) when they transit from coarse 50 km to finer 16
km horizontal resolutions.

The close connection between convergence and the convection is supported by
the recent study of Biasutti et al. (2006). They show the importance of dynamic lifting in
the deep convection of the marine ITCZ, which allows the observed maximum ITCZ
precipitation to be positioned over the region of the maximum near-surface convergence
rather than the maximum SST. Most of the AGCMSs, on the other hand, are shown to be
overly sensitive to the thermodynamic convective available potential energy over warm
SST, yielding a tendency to locate the maximum ITCZ rainfall over the local maximum

SST.

5.4 Impacts on the larger-scale mean precipitation and SST
5.4.1. Mean and Seasonal Cycle of the ITCZ

Synoptic precipitation events associated with the easterly wave convergence and
convection contribute a significant fraction of the total rainfall variability. Figure 5.8
shows the ratio of the variance of 2-6 day filtered rainfalls to the total variance. Within
the marine ITCZ, synoptic scale precipitation accounts for 40-60% of the total variance in
HL. This high ratio in HL 1is striking, indicating that more than half of the total rainfall
variability originates from the synoptic scales. The RA2 has a similar percentage of the
variance associated with synoptic events (Figure 5.8c), suggesting that this 40-60%
contribution to rainfall variability in the marine ITCZ may be an upper limit from the

synoptic scale variability on the coarser grids. In HH, however, the ratio rises to more
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than 60-70%, suggesting that a substantial fraction of the total rainfall variability is
indeed determined by the synoptic-scale heavy rainfall events associated with the easterly
waves.

The fact that a significant fraction of rainfall variance is explained by synoptic-
scale variability implies that there will be a net contribution to the larger-scale mean
rainfall in the model. Figure 5.9 shows 6-year mean precipitation from 1999-2004 from
the model in comparison with the observational estimates from the Global Precipitation
Climatology Project (GPCP, Xie and Arkin 1997) for the corresponding period.
Precipitation from both observations and the model shows the ITCZ (as described in
Chiang et al. 2002) as a zonally tilted (northeast-southwest) structure over the open ocean
with maximum rainfall between the equator and 10°N. Although the HH model tends to
produce more rain within the marine ITCZ than the observations, the figure demonstrates
that the rainfall simulation in HH is improved compared to HL. Precipitation over the
open ocean in HH is about 9 mm day™', much closer to the observed rainfall of about 8
mm day™'. On the other hand, rainfall in HL is only 4 mm day™.

Figure 5.10 illustrates the seasonal variation of the location of maximum
precipitation in the model and observations, representing the seasonal migration of the
ITCZ. Generally, the location of the ITCZ is well reproduced in the model during most of
the year except for the boreal spring season. During boreal spring months, from February
to May, the ITCZ in HL crosses the equator into the Southern Hemisphere, while the
ITCZ in HH stays north of the equator throughout the year, which is consistent with the
observations (Chiang et al. 2002). It is clear that not only the mean rainfall but also the

seasonal cycle of the ITCZ is better simulated in HH than in HL.
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5.4.2. Large-scale SST distribution

This section investigates the role of large-scale mean SST and its relation to the
improved ITCZ simulation. Figure 5.11a shows the 6-year mean SST for HH, and the
mean difference with HL (HH minus HL) is presented in Figure 5.11b. Also shown are
(HH minus HL) difference maps of 6-year mean surface winds, net surface heat flux,
latent surface heat flux and surface radiative flux. The change in SST when increasing the
resolution (Figure 5.11b) shows a notable basin-scale open-ocean cooling of ~0.5°C in
the extratropics in both hemispheres, little change near the equator (5°S-5°N), and coastal
warming (up to 2°C) along the west coast of Africa. The cooling in the extratropics and
warming along the coast are both damped by the net surface heat flux (Figure 5.11d). On
the other hand, SST does not change along the equator, implying the presence of an
altered oceanic heat flux at the ocean surface, which balances the thermodynamic cooling.
The altered total surface heat flux along the equator is a result of both evaporative
cooling by enhanced southeasterly winds (Figure 5.11c) and radiative cooling by
increased cloudiness (not shown). In HH, both hemispheres have enhanced trade winds
that support the large-scale convergence into the ITCZ, which is significantly stronger
even though the mean position of the ITCZ remains nearly the same in HH and HL
(Figure 5.9).

Figure 5.12 shows the seasonal cycles of monthly averaged SST in the
extratropics for both hemispheres in the regions where the SST was colder in HH. Both in
the northern and southern hemispheres, the SSTs in HH are persistently colder than HL

throughout the annual cycle. The seasonal cycle of the position of ITCZ (Figure 5.10) is
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sensitive to the seasonal variability of the meridional (inter-hemispheric) gradient of SST
through the modulation of meridional surface pressure gradient and the near-surface
winds (Hastenrath and Greischar 1993). The seasonal cycle of the anomalous meridional
SST gradient is computed as the difference in anomalous SST between the northern and
southern regions defined in Figure 5.12a,b. Chiang et al. (2002) defined the tropical
Atlantic gradient index in a similar way (albeit using zonally integrated SST instead of
using a box) to describe the relation among the meridional SST gradient, the near-surface
winds, and the precipitation in the ITCZ. Figure 5.12¢ shows that the seasonal cycles of
the simulated meridional SST gradients are almost indistinguishable, albeit weaker than
the observed estimate. The gradients look similar in the model simulations because the
open-ocean SST cooled by roughly the same amount in both hemispheres in HH.

The debate still continues about whether the meridional SST gradient and the
large-scale convergence determine the rain in the ITCZ or whether the wind convergence
is determined by mid-tropospheric heating and hence the rainfall in the ITCZ. Gill (1980)
argues for the latter, whereas Lindzen and Nigam (1987) favor the former. Figure 5.11
suggests that Gill (1980) is more relevant in the current model because the meridional
SST gradient did not change in the simulations; this implies that the enhanced southerlies
in HH are forced by the larger-scale, stronger ITCZ.

Enhanced southerlies across the equator will have dynamical consequences for the
ocean. The details of mixed layer heat budget calculations can reveal the dynamical and
thermo-dynamical balances in SST, mixed layer depth and net surface heat and
freshwater fluxes. Such an analysis is beyond the scope of this paper and will be reported

elsewhere.
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The warming along the west coast of Africa in Figure 5.11a deserves some
attention. It is likely that the coastal warming in HH is simply due to the altered near-
coastal winds, which drive reductions in upwelling and open-ocean Ekman advection of
SST gradients. However, the details of the atmospheric land-sea mask are very different
in the HL and HH cases, due to the enhanced resolution in HH. Since an
interpolation/extrapolation scheme is used to map the atmospheric fields to the oceanic
grids, the small-scale structures in the HH land-sea mask play an important role in
establishing the near-coastal alongshore upwelling/downwelling wind fields. In the both
HL and HH, the land-sea mask was qualitatively optimized to attempt to reduce the
mismatch between oceanic and atmospheric grids and the misrepresentation of fluxes due
to spectral truncations errors (Gibbs phenomenon). But it is not completely clear whether
a different interpolation scheme for HH and HL (and/or a smoother land-sea mask) would
result in similarly warmer SST along the coast in case HH. Nonetheless, this study
focuses on the basin-scale SST changes and its meridional gradient, not the changes in
SST concentrated in the narrow band along the coast, which appear to be too localized to

generate the basin-wide effects.

5.5 Conclusions and Discussion

A regional coupled climate model has been configured for the tropical Atlantic in
the present study to explore the climatic importance of synoptic-scale atmospheric
disturbances originating from the African continent. The analyses have shown that these
synoptic-scale easterly waves are reasonably well simulated in the model with similar

strengths both on 1° and '4° atmospheric grids. The simulated wave characteristics,
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including their amplitudes, are comparable between the model simulations, and the
phases of the waves are similar to those of the RA?2 fields that drive the regional models.

Strong cyclonic shear of the wind is generated in the easterly waves both in HH
and HL, although this wind shear is accompanied by heavy precipitation events only in
HH, not in HL (Figure 5.3). This is because the computed convergence in HH is much
larger than in HL (Figure 5.4), which leads to stronger convection and heavier
precipitation (Figure 5,5 and 5.6). This propensity for higher convergence in the high-
resolution case compares well with QuikSCAT observations of winds and clearly
represents an improvement over the low-resolution case (Figure 5.7).

The climatic importance of AEW-related convergence and convection processes
is that they can lead to a more realistic model precipitation climatology and seasonality
over the Atlantic Ocean (Figure 5.9 and 5.10). The occurrences of extreme rainfall events
are much more realistic in HH, and resemble rainfall measurements from the PIRATA
buoy. These heavy rainfall events, occurring on the 2-6 day time scales associated with
the easterly waves, account for a significant fraction (>60-70%) of the simulated variance
of precipitation (Figure 5.8), which implies a considerable alteration of the larger-scale
annual mean rainfall due to these heavy rainfall events.

This improvement in the simulation of mean precipitation and the seasonal
migration of ITCZ in the SCOAR model does not appear to be directly related to changes
in the mean meridional SST gradient, which remain the same in both HH and HL (Figure
5.11, 12). The location of the ITCZ is largely well captured in both simulations, but the

convection associated with the AEWs in HH enhances the precipitation, which yields a
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more realistic ITCZ. This results in enhanced cross-equatorial southerlies, which leads to
stronger large-scale convergence into the ITCZ (Gill 1980).

The details of the AEWSs including the mechanism(s) of generation, life cycle, and
the connection to the convection and hurricanes are not fully understood despite their
important role in regulating precipitation and regional climate (Thorncroft et al. 2003;
Mekonnen et al. 2006). The resultant small-scale atmospheric convergence and
convection processes cannot be realistically resolved in the coupled GCMs that are used
for climate prediction in this region primarily due to the coarseness of the atmospheric
grids. As a result, these models commonly exhibit large systematic errors in the tropical
Atlantic Ocean (Davey et al. 2002) and over western African nations (WCRP 2000). Our
study here proposes that these climate models require higher horizontal resolution for
better capturing the observed scale of convergence and convection. Higher horizontal
resolution allows heavier precipitation events in the model that skew overall rainfall
distributions towards longer tails, which can alter the mean large-scale climate in this
region.

One of the foci of the international project called the African Monsoon
Multidisciplinary Analysis (AMMA, Redelsperger et al. 2006) is to understand western
African climate variability on multi-spatial/temporal scales and its complex interactions
in the western African region. On the atmospheric mesoscale, the AMMA aims to study
the typical rain-producing processes associated with the synoptic easterly waves and the
African easterly jet, and their connection to the larger-scale climate variability. The
current study directly addresses this issue by substantiating that 1) the transient synoptic-

scale easterly waves that capture cyclonic wind shear and 2) the fine horizontal resolution



117

that facilitates low-level convergence and convection are both essential to climate models

in order to generate realistic and much improved mean precipitation climatologies.
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Figure 5.1 Six-year summertime (July-August-September) mean (a-c) wind speeds and
vectors at 700 hPa (shaded when greater than 9 m s), (d-f) 700 hPa relative vorticity
(shaded when greater than 0.3 s™'), and (g-i) 925 hPa potential temperature (shaded when
greater than 304K). (top) HH, (middle) HL, and (bottom) NCEP/DOE Reanalysis II
(RA2). HH in the top panel and RA2 in the bottom panel are interpolated to the grids on

HL.
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Figure 5.2 Variance of 2-6 day filtered 850 hPa meridional wind averaged over 55°W-
15°W and 5°N-15°N for summer months (JAS) for 1999-2004 for (black) HH, (gray) HL.
and (white) RA2. The mean variance in HH, HL, and RA2 is 14.2, 11.3, and 5.7 m* s,

respectively.
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Figure 5.3 Hovmoller diagrams of 2-6 day flltered mer1d10na1 wind (m s") at 850 hPa
averaged between 5°N-15°N for August-September 2003 from (a) HH, (b) HL, and (c)
RA2. Overlaid with the winds are the contours of unfiltered rainfall (mm day”,
contours=10, 30, and 50 mm day"') for the same period. [Note that RA2 does not
assimilate precipitation (Kanamitsu et al., 2002b) so that individual precipitation events
may or may not correspond to observations.]
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Figure 5.4 Same as in Figure 5.3 except overlaid with the contours of 2-6 day filtered
near-surface convergence (10” s™), which were computed from 10-m winds. Only
convergence is contoured (CI=0.3 with the zero contours omitted). Note the coarse grid
of RA2 leads to generally zero near-surface convergence, which does not allow

comparison with the model results.
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Figure 5.5 Two-day averages (August 31 — September 1, 2003) of (top) rainfall (mm day”
Y, (middle) near-surface convergence (107 s™) of 10 m winds and the wind vectors (m s’
1, and (bottom) outgoing longwave radiation (OLR, W m™) from (left) HH and (right)
HL. Only convergence is plotted in (c) and (d) for clarity. OLR less than 220 W m™ in (e)

and (f) is plotted in gray and represents strong atmospheric convection.
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(a) timeseries of rain rate at 4N 38W

500 ' i i ) '
_ — PIRATA; mean= 10; std= 42
T . — HH; mean=9; std=23
E 400 — HL; mean=4; std="7
E 300
5 200
[~
5 100 -
-4
0 =
Sep00 Sep01 Sep02 Sep03 Sep04 Sep05
(b) PDF of rain rate
10* L s et |
-+ PIRATA |}
-©- HH
——HL

Percentage of Observations

Rain Rate [mm day_l]

Figure 5.6 (a) (black line) Time-series of rainfall measured from the PIRATA mooring
site at 4°N, 38°W from March 2000 to September 2005. There is a gap in the
observations from mid-August 2002 to late August 2003, and no interpolation has been
done in computing the mean and std. Model rainfall is shown red (HH) and blue (HL) at
the nearest grid point to the mooring site. Mean and standard deviations are shown in the
upper right corner of the plot. For the purpose of display, the y-axis is limited to 500 mm
day™. There are three occasions in the observations, where the rainfall exceeds the limit
of this plot. The precipitation amounts on these three days are 508 mm day™ on April 24,
2000, 751 mm day'1 on January 22, 2001, and 914 mm day'1 on March 2, 2001. (b) Same
as in (a), except for the probability distribution functions of the observed and simulated
precipitation (shown in log-scales).
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Figure 5.7 Probability distribution functions of 10 m wind convergence from (thick solid
line) the QuikSCAT, (thin solid line) HH, and (thin dashed line) HL, from 2000 to 2004
over 2°N-7°N and 40°W-30°W. Note the y-axis is shown in logarithmic scale in order to
highlight the difference at the higher ends. The positive (negative) values are
convergence (divergence).
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total rainfall from (a) HH, (b) HL, and (c) RA2 averaged from 1999 to 2004. Contours
shown are 50%, 60% and 70%. The variances are computed for all seasons.
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Figure 5.9 Six-year (1999-2004) mean rainfall (mm day'l) from model; (a) HH, (b) HL,
and (c) the observations from the Global Precipitation Climatology Project (GPCP). The
model precipitation in (a) and (b) is re-gridded to the GPCP grids at 2.5°%*2.5°.
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Figure 5.10 The seasonal variation of latitude of the maximum precipitation averaged

between 50°W-20°W from the 6-year (1999-2004) monthly averages for (thick solid) the
GPCP precipitation, (thin solid line) HH, and (thin dashed line) HL.
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Figure 5.11 (a) Six-year mean SST in HH. (b-f) the mean difference with HL (HH minus
HL) of (b) SST, (c¢) 10-m wind speed (shaded) and vectors, (d) net surface heat flux, (e)
surface latent heat flux, and (f) net surface radiative flux. The negative (positive) in heat
flux in cools (warms) the ocean.
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Figure 5.12 (a) Seasonal cycle of monthly averaged SST (1999-2004) over 5°N-25°N,
50°W-20°W for (thick solid) the observations from TRMM SST, (thin solid) HH, and
(thin dashed) HL. (b) Same as (a), except for the southern hemisphere in 5°S-25°S,
50°W-20°W. (c) Same as (a) except for the seasonal cycle of meridional gradient of SST
anomaly. SST gradient is computed as the difference in SST anomaly in the northern
extratropics (5°N-25°N, 50°W-20°W) and the southern extratropics (5°S-25°S, 50°W-
20°W).



Chapter 6

Summary and Future Plans

6.1 Summary of Results

This chapter provides a summary of the results of dissertation research. The
summary is followed by a brief background introduction and description of some of my
planned future research.

Overall, this dissertation research consisted of three major components:

1. Developing and testing the Scripps Coupled Ocean-Atmosphere Regional
(SCOAR) Model (Chapter 2),

2. Studying mesoscale ocean-atmosphere interactions (Chapter 2 and 3), and

3. Investigating the connection between mesoscale ocean-atmosphere features and

larger-scale climate variability (Chapter 4 and 5).

In Chapter 2, a detailed description of the SCOAR model was presented. The
uniqueness of the SCOAR model is that it has great portability, flexible coupling
processes, parallel architecture, state-of-the-art physics, and realistic large-scale forcing
consistent with the National Centers for Environmental Prediction (NCEP) Reanalysis
products.

A quantative assessment of the SCOAR model performance is provided for three
different scenarios in the eastern Pacific sector: tropical instability waves (TIWs) in the

equatorial ocean, mesoscale eddies and upwelling fronts in the California Current System
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(CCS) region and mountain gap winds and their effects on the regional climate of the
Central American coast (CAC). For all three cases, the SCOAR model is capable of
capturing the salient features of the observed coupled feedback involving mesoscale
oceanic and short-scale atmospheric variability.

The characteristics of the TIWs generated in the SCOAR model agree well with
the observations (Legeckis 1977). It was shown that the model quantitatively reproduces
the observed linear relation of the perturbation wind stress and turbulent heat flux with
the propagating SST anomalies of TIWs. Large perturbations in the surface fluxes imply
a potential feedback on the ocean (Chelton et al. 2001). The influence of these TIW-
induced SST anomalies is not confined to the near-surface, but extends throughout the
whole height of the atmospheric boundary layer (Hashizume et al. 2002).

The universal nature of the interaction of the mesoscale SST and the atmospheric
boundary layer (Xie 2004) is also observed in the midlatitude coastal ocean in the CCS.
Observations and modeling studies reveal that summertime SST fronts due to coastal
upwelling and mesoscale eddies exert a significant impact on the atmosphere, which is
most evident in the wind stress derivative fields (Chelton et al. 2007, Haack et al. 2005).
This indicates significant feedback effects on the ocean, which can alter the SST and the
dynamical properties of the CCS. The model reproduces an observed aspect of coupling
of the mesoscale SST fronts and the wind stress curl, although the intensity of coupling
strength is underestimated.

Lastly, in the CAC region, the model reproduces observed patterns of air-sea
interaction arising from the orographically induced gap winds and the thermocline dome.
These gap winds exert significant forcings on the eastern Pacific warm pool via direct

wind-induced mixing and the turbulent heat flux, and through Ekman upwelling and
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downwelling. The pronounced positive Ekman forcing input by the Papagayo jet
generates what is referred to as the Costa Rica Dome, the permanent shoaling of the
thermocline centered at 9°N, 90°W. The slow evolution of the ocean thermocline exerts
its strongest impact on the SST, which consequently affects seasonal precipitation during
the summer months when the mean Inter-Tropical Convergence Zone (ITCZ) is located
directly overhead. The colder SST, which is below the convective thresholds, is
associated with the shallow thermocline, suppresses the atmospheric deep convection,
and punches a “dry hole” in the summertime mean ITCZ. This seasonal coupled process
was first hypothesized by Xie et al. (2005) based on satellite observations, and is
supported by the present modeling study. This suggests that the narrow mountain gaps in
the coastal range and the low-level gap winds are central components of the eastern
Pacific climate, which help establish the distinctively different climate regime that occurs
in the eastern Pacific compared to the western and central Pacific (Kessler 2002).

In Chapter 3, the study of the air-sea interaction involving the TIWs was extended
to investigate potential effects of the atmospheric feedback on the tropical Atlantic
Ocean. Analysis reveals that the perturbation winds generated by the evolving TIW-
induced SST anomalies are negatively correlated with the TIW-induced surface currents.
This indicates that the TIW currents are slowed down by the overlying wind response.
This effect is sink of eddy kinetic energy (EKE) of the TIWs, estimated to be roughly
10% of the oceanic barotropic instability, which is the dominant source for the EKE of
the TIW. Furthermore, it as shown that TIW-induced perturbation ocean currents can
significantly alter the surface wind stress estimate from satellite scatterometers. Surface
stress over the TIWs can vary by +25-30% due to the surface currents of the TIWs. This

implies a consistency problem for ocean simulations forced with the observed QuikSCAT
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wind stresses, where a mismatch between the prescribed winds and the generated waves
can lead to a potentially spurious feedback on the waves.

Chapter 4 presented the results from the study of the effect of oceanic mesoscale
features on the mean climate of the tropical Atlantic. It was shown that resolving oceanic
mesoscale variability, such as that due to the TIWs and the details of the coastal
upwelling, can help mitigate the warm biases, which are commonly exhibited by most of
the coarse-resolution coupled climate models (Davey et al. 2002). The resultant
meridional SST gradient favors the improved mean precipitation simulations in the ITCZ.
This model result represents a clear improvement of the mean climate simulations in the
tropical Atlantic, and emphasizes the importance of the poorly resolved mesoscale
oceanic features and the coupled feedback for their net contribution to the basin-scale
climate (Jochum and Murtugudde 2006).

Chapter 5 focused on simulating the mean ITCZ in a coupled climate model and
sheds light on the importance of synoptic-scale atmospheric disturbances. The African
easterly waves (AEWs) modulate the convection and the daily precipitation over western
Africa and contribute to cyclogenesis over the Atlantic and the eastern Pacific Ocean
(Thorncroft et al. 2003 and the references therein). The comparison of the SCOAR model
results using coarse and fine atmospheric resolution simulations reveals that strong shear
of the easterly waves is accompanied by extreme precipitation only on the finer
atmospheric grid. This is because the computed near-surface convergence is substantially
higher in the high resolution, which is, compared to the estimate from the QuikSCAT,
more realistic. The strong low-level convergence triggers more intense local convection,
which facilitates heavy precipitation events associated with the synoptic-scale tropical

storms and at times hurricanes. The variability in rainfall on these time scales accounts
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for 60-80% of its total variability. The climatic importance of better-resolved
convergence and convection processes in the easterly waves is that they can lead to a
more realistic model precipitation climatology and seasonality over the Atlantic Ocean.
This suggests that capturing these transient atmospheric waves and the resultant low-level
convergence is important for improving the simulation of precipitation in global coupled

climate models, with obvious implications for regional climate prediction.

6.2 Future Plans

This research has clearly demonstrated that the SCOAR model is a unique and
useful tool for studying mesoscale air-sea coupling processes in different climate
regimes. With many challenging but interesting scientific goals, I intend to continue to
study various coupled climate processes, not necessarily limited to the tropics but also
including the mid and eventually high latitudes. For example, | am preparing several
long-term simulations using SCOAR in the Indian Ocean and in the North Pacific Ocean.

In the Indian Ocean (IO), I intend to develop a set of 50-year simulations with and
without the large-scale interannual forcing due to El Nifio-Southern Oscillation (ENSO)
events and Eurasian snow cover. The hypothesis is that a regional feedback between the
IO warm pool and the Findlater Jet determines the variability of the ITCZ and the
monsoons. The goal of this study is to understand the importance of the local coupled
feedback effects, compared to remote influences from the large-scale ENSO forcing, in
determining the basin-scale climate. The local processes are not realistically simulated in
current state-of-the-art coupled climate models, which exhibit spurious coupled
feedbacks between the warm pool in the 1O, the Findlater Jet, and the Indian summer

monsoons, which are related in turn to coupled interactions in the Southern Indian Ocean,
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Arabian Sea, and the Bay of Bengal. We believe that these coupled processes are mostly
due to the poor resolution in the ocean and atmosphere and subsequent lack of coupling.
The ultimate goal is to explore the potential predictability problem of the seasonal and
interannual monsoon variability and its relation to intraseasonal variability such as the
Madden-Julian Oscillations, which has significant climatic implications to the global
climate.

In addition, I would like to investigate air-sea interaction associated with tropical
cyclones in the 10. How do they make a large-scale contribution to the oceanic heat
content? How does this feed back on the hurricane activity? Of significant importance to
the neighboring continents in the IO would be how to predict the evolution and pathways
of the landfall cyclones.

We also plan to investigate how SST wvariability in the Kuroshio-Oyashio-
Extention (KOE) can excite a basin-wide atmospheric response in the North Pacific and
downstream regions over the North America. This interannual and decadal process
inherently involves mesoscale oceanic variability and local air-sea interaction, which can
create anomalous SSTs in the KOE region, as well as large-scale oceanic and
atmospheric wave adjustment processes, which can deliver coupled signals into the
downstream region (Miller et al. 1994; Schneider et al. 2002). In addition, the prediction
of the KOE SST itself is imperative for storm track variability in the North Pacific, as the
atmosphere is particularly sensitive to the changes in KOE SST.

For this purpose, we are planning a set of coupled and uncoupled 50-year hindcast
simulations downscaled from the NCEP large-scale atmospheric forcings. The model
results in tandem with a comparison to the available observations will allow

investigations to isolate which part of the atmospheric response is due to ocean-
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atmosphere coupling, and which part is the response to specified oceanic and atmospheric
forcing. This study will be linked to the predictability of climate variability on
interannual timescales in the North Pacific and its downstream regions, which are
important for ecosystem and commercial fisheries in the California Current System, the

Bering Sea, and the Gulf of Alaska.
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